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SUMMARY

In recent years aerosols have beccme of increasing importance in
several fields of metecrology. However, our knowlzsdge of the properties
and distribution of aerosols above the first few kilometres of the
atmosphere has been limited by difficulties experienced using present
techniques.

This thesis describes an investigation of aerosols in the atmos-
phere, by means of their light scattering properties, using a ruby laser
radar. Since its advent in 1960, the laser beam has proved to be the
most satisfactory of existing remote optical probes. The laser radar
described here 1s capable of measuring atmospheric scattering from
nearly ground level to altitudes of 60 km.

Interpretation of existing laser radar measurements using a single
wavelength and scattering angle does, however, depend on a priori know-
ledge of certain aerosol properties. This shortcoming of the present
laser radar technique, and other theoretical aspects of light scattering
by aerosols, are discussed in some detail. Recent measurements of
stratospheric aerosol number densities using balloon-borne optical counters
indicate that the stratospheric aerosol is predominantly volatile and
hence remains undetected by collection experiments. As little is known of
the size distribution of volatile stratospheric aerosols, a theoretical

investigation is made of their optical scattering characteristics. Aided



(ii)

by the results of the theoretical snalysis, present optical measure-
ments gre examined in order tc deduce aerosol size distributions com-
patible with the cbservaticns.

Results of laser radar measurements of stratospheric aerosols con-
ducted in South Australia are presented. The vertical profiles are
brocadly in agreement with observations reported by other workers in the
northern hemisphere. An annual variation apparent in the laser radar
observations is remarkably similar to that of ozone in the stratosphere,
and the importance of large scale transport mechanisms in the strato-
sphere is discussed.

Results of tropospheric aeroscl measurements are presented, showing
vertical profiles typical of the coastal regions. The relation between
temperature inversions, humidity and serosol layers observed in the Lropo-
sphere is investigated.

The reliability of the twilight scattering experiment used by several
workers to study stratospheric aerosols is discussed, and a comparison is
made of the results of twilight and laser radar experiments conducted at the
same time and locality. A theoretical model of the twilight rhenomenon
baged on primary scattering is developed, and calculations are performed to
deduce the relative effects of the various aerocsol layers in the tropo-

sphere and stratosphere on the twilight profile.
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CHAPTER ONE

A SURVEY OF CURRENT KNOWLEDGE OF AEROSOLS

Aerosols in the troposphere and stratosphere are of importance to
various branches of meteorology. The largest particles are responsible
for the formation of clouds and fogs, and smaller ones give rise to haze
which can, under certain conditionms, seriously affect the visibility of
distant objects, In recent years volcanic dust has been used as a tracer
of transport mechenisms in the lower stratosphere (Dyer and Hicks, 1968)
in analogy with the well known tracer studies using ozone. In the last
decade man has created a serious problem in the form of air pollution
in the large cities and industrial centres, and in some regions, serosol
concentrations have reached alarming proportions. In addition to the
obvious health hazardg, it is conceivable that abnormal concentrations of
gerosols could significantly affect the large scale weather pattern by
means of a change in transfer processes of radiation in the atmosphere.
Aerosols in the stratosphere and mesosphere are also believed to play a
very important part in the heat budget (Kellog, 1968).

Under conditions of cloudless skies, the effects of aerosols in the
troposphere are commonly manifested in the whiteness of the harizon sky,
particularly in the direction of the sun, and in the solar aureole, a

diffuse circle of white light surrounding the sum. Layers of aerosols are



frequently observed from aircraft, particularly when the sun is low in the
sky. Many splendid optical phenomena in the atmosphere can be observed as
a result of abnormal aerosol characteristics. Under exceptional circum-
stances such as the periods following the famous eruption of Krakatoa in
1883, and the extensive forest fires in the Canadian province of Alberta in
1950, the sun appeared blue or green (Minnaert, 1959, 1968). In both cases
large amounts of aerosols were injected into the atmosphere.

Evidence indicates the existence of aerosols at altitudes above the
troposphere. Observations of the "purple light" at twilight led Gruner
(1942) to postulate a layer of asrosols near 20 km. This has been sub-
stantiated in recent years by measurements of twilight effects (Bigg, 1956;
Volz and Goody, 1962; Rozenberg, 1966), particle counting experiments
(Junge et al, 1961; Mossop, 1965; Friend, 1966; Rosen, 1964, 1968,
1969(a)), searchlight probing (Elterman, 1966; Rozenberg, 1960;

Elterman et al, 1969) and lidar measurements (Fiocco and Grams, 196k;
Clemesha et al, 1966; Grams and Fiocco, 196T7). The existence of a world-
wide aerosol layer in the stratosphere is now well established. Nocti-
lucent clouds provide evidence for the presence of aerosols near 85 km, but
are rare and only visible at high latitudes in the summer (Fogle, 1966).

The above considerations indicate the existence of significant con-
centrations of aerosols in the atmosphere between ground level and the
mesosphere. However, our present knowledge of the nature of aerosols, their
origin and size distribution is far from complete, and only in recent years

have rapid advances been made due to improved experimental techniques.



Measurements of aerosol properties in the lower stratosphere, for example,
have yielded conflicting results, and the origin of the stratospheric
aerosol layer still remains controversial.

In the following sections, current knowledge of the properties of
aerosols and their distribution in the atmosphere will be reviewed.
Particular emphasis is made of the characteristics affecting optical
scattering by aercsols, and in the final section of this chapter, a brief
review is made of methods used to optically probe the upper atmosphere.

1.1 The Size of Aerosols

The size of particles in the atmosphere normally ranges from
clusters of molecules to particles of about 20 u radius. Particles less
than 0.1 p have very short lifetimes because they become attached to the
larger aerosols, and only exist in significant concentrations near the
source. They include the products of gas reactions, and small ions which
are produced in air by ionizing radiation. As these particles are opti-
cally insignificant, they will not be considered in the present work. The
upper limit of aerosol sizes is determined by sedimentation, and particles
larger than about 20 y radius remain airborne for only a limited time.
These particles are also limited to the viecinity of their source, and in a
similar manner to the small ions, exist in low concentrations.

Thus the sizes of atmospheric aerosols cover over four orders of
magnitude, and as a result of the various technigues that have been evolved
to detect them, the size range is normally divided into three principal

groups.



(a) Aitken particles have radii less than 0.1 u, and have been

studied extensively since the beginning of the century using
Aitken's nuclei counter, which operates on the principle of the
Wilson cloud chamber.

(b} Aerosols having radii between 0.1 and 1.0 p are termed

large particles and are responsible for some optical effects

such as haze because their sizes are of the order of wvisible
wavelengths.

(c) Giant particles are classed as having radii greater than

1l u and are of importance in the formation of cloud and rain.

Their concentrations relative to the other particles are

extremely low.

The large and gilant particles can be collected by impactor tech-
niques, and those larger than about 0.5 u can be investigated with the
light microscope. Aerosols having radii between 0.1 and 0.5 p are difficult
to study because they are out of range of the two most efficient methods
used to date. Although the resolution of the electron microscope is suitable
for the size range .1 - .5 u, the particles studied by means of this tech-
nigue tend to be modified by the heating action of the electron beam. In
recent years, photometric particle counters have been developed (Zinky, 1962).

1.2 Size Distribution and Concentration

Several methods are needed to investigate the total aerosol size
range, and very few measurements of the complete size distribution have been

made. As a result of the separate methods of investigation, it was thought
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until recently that the aerosols existed in discrete groups. It is now

known that natural aerosols have an essentially coherent size distribution,

which is of importance to the understanding of meny properties of atmos-
pheric aerosols (Junge, 1963).

If N(r) is the total number of particles (cm_3) of radius less
than r, then the logarithmic incremental size distribution function n(r)

is defined as follows:
-3

n(r) = aN(r)/d(log r) cm (1.1)
The number of particles AN(r) between radii r, and r, is then
AN(r) = n(r) log (rg/rl) . (1.2)

The discussion of size distributions and concentrations is
divided into three categories. As there is & significant difference in
the properties of aerosols over land and ses, these types sre considered
separately. Stratospheric aerosols form the third group as a consequence
of their entirely different origin.

1.2.1 Continental Aerosols

Figure 1.1(a) shows complete size distribution curves
for continental areas determined by Junge (1963). The size distri-
bution for radii' greater then C.1 u appeers to fit a power law of
the form

an(r)/d (log r) = er™® (1.3)

where ¢ is a constant and the exponent v is spproximately 3 in

the lower continentel troposphere. The lower limit of particle
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sizes is variable, and the maximum of the distribution lies between
0.01 and 0.1 y, and is usually about 0.03 p (Junge, 1963).

Junge (1963) reports that a smooth size distribution curve
shown in Figure 1.1(a) represents the end-state of coagulation and
sedimentation processes after one or a few days. During this time
interval, any discrete spectra in the size distribution curve due to
temporary local sources of aerosols would have been smocothed out.
Figure 1.1(b) shows how a given size distribution changes with time
due to coagulation resulting from Brownian motion (Junge, 1963).

The decrease of the Aitken nuclei is rapid compared to the rate of
meteorological processes, and results in a displacement of the size
distribution maximum towards larger radii. The change in size and
concentration of the large particles is negligible because of the
small size of the Aitken nuclei.

Junge (1969) has suggested a statistical explanation of
the form of the size distribution, based on the fact that the log
volume distribution, dV/d(log r), is approximately constant over the
large size range. It is possible that equal portions of mass are
formed by various sources of aerosols in the different size ranges.
The statistical approach is consistent with the concept that the
form of a measured size distribution depends on the proximity of the
observer to the different sources of aerosols. The presence of a
significant source of aerosols in a particular size region would

give rise to a pesk in the distribution curve. The fine structure



in the size distributions observed by Fenn (1964) in the radius region
0.1 - 1.0 y might be caused by several discrete sources. The measure-
ments of Friedlander and Paceri (1965), Clark and Whitby (1967) and.
Blifford and Ringer (1969) show significant varisbility in the shape
of the size distribution curve. Independent optical scattering
measurements also indicate changes in v. The experimental evidence
suggests that the value of v for the continental troposphere varies
between 2 and L.

Table 1.1 contains data on Aitken particle concentrations
compiled by Landsberg (1938), and shows a wide variation in serosol
concentration over various continental regions. A marked degree of
variebility in the concentrations observed over a particular area is

also evident.

TABLE 1.1

Concentration of Aitken Particles per cm3 in Different Localities®

Number of: Average
Locality Average
Places Observat. Max Min

City 28 2500 147,000 379,000 49,100
Town 15 4700 34,300 114,000 5900
Country (inland) 25 3500 9500 66,500 1050
Country (sea shore) 21 7700 9500 33,400 1560
Mountain

500-1000 meters 13 870 6000 36,000 1390

1000-2000 meters 16 1000 2130 9830 450

> 2000 meters 25 190 950 5300 160
Islands 7 480 9200 43,600 460
Ocean 21 600 9ko 4680 8Lo

a Landsberg (1938)



Rozenberg (1967) has reported that concentrations
measured by the impactor technique (e.g. Junge, 1963} do not include
the effects of moisture, and are only applicable to the dry base of
mineral condensation nuclei. However, tropospheric measurements by
Rosen (1964, 1969(b)) and Clark and Whitby (1967) using optical
particle counters essentially arrive at the same concentrations and
size distribution, indicating a large proportion of solid aerosols in
the troposphere. Nevertheless, in the case of large relative humidities,
the role of water condensation must significantly alter the form of the
size distribution.

A large number of measurements have been made of the
variation of aerosol concentration with height in the troposphere.
Average profiles of both Aitken and large particles show a rapid and
almost exponential decrease in concentration with increasing altitude
up to about 5 km, above which the concentration slowly decreases up to
the tropopause. There appears to be no difference in the relative
tropospheric profiles for Aitken and large particles, indicating that
sedimentation is unimportant compared with other effects, which are
independent of particle size (Junge, 1963).

Large particle concentrations measured by Rosen (1969(b))
using a balloon-borne photoelectric particle counter indicate a
decrease from ground level to the tropopause by nearly 3 orders of
magnitude (Figure 1.2). The results show a great deal of fine

structure which is well correlated with the relative humidity. Mean
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quarterly profiles of large particle concentrations in the troposphere
obtained by Blifford and Ringer (1969) using impactors mounted on air-
craft are presented in Figure 1.3. It is apparent that the large
particle concentration is strongly dependent on the season, with highest
concentrations in the summer periods in the layer near the ground.
Above 6 km, there is an increase in large particle concentration during
winter. The average results of Blifford and Ringer show no general
correlation of particle concentration with either temperature or
relative humidity curves. The low altitude summer incresasse in con-
centration does, however, indicate the importance of convection and
vertical mixing processes, which have also been cobserved by Elterman

et al (1969) using optical scattering techniques.

The vertical profile of Aitken nuclei after Junge (1961)
is shown in Figure 1.L4. The Aitken particle measurements indicate a
world-wide background aerosol concentration in the upper troposphere
of about 200 - 300 cm_s, The vertical profile suggests that the origin
of the Aitken particles is in the first 5 km over the continents.

Few measurements have been made of the variation of size
distribution with height. Newkirk and Eddy (1964) measured scattering
from the solar aurecle by means of a balloon-borne coronograph up to
a maximum altitude of 25 km, and deduced the variation of the exponent
v of the Junge power law with height. In the height region 3 -~ 9 km,
the value of v increased from 2.0 to 2.2 with a tendency to increase

still further with altitude. Similar measurements of the solar sureole
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by Eiden (1968) from ground-based sites yielded values of the Junge
exponent v which were larger than values found by direct measure-
ment. As the size distributions calculated from the ground based
solar aureole meagsurements represent average values of the entire
atmosphere, Eiden concluded that the value of v increases with
height.

The size distribution results of Blifford and Ringer (1969)
using an airborne impactor are shown in Figure 1.5. The slope v
for the giant particles (radii > 1 u)increases systematically from 2
at the lower levels to approximately 3 at 9 km, and there is a
pronounced flattening of the curve in the large particle range (radii
between 0.2 and 1.0 u). In general, the distributions become com-
pressed as the altitude is increased due to the reduction of both the
largest and smallest sizes. This is most likely the result of an
aging process, as the aerosols are predominantly of terrestrial origin.
The smallest aeroscls would coagulate, and the largest ones would be
reduced in number by sedimentation and capture by rain.

The only in-situ measurements of large particle size
distr ibutions in the troposphere using an optical particle counter appear
to be those of Rosen (1968, 1969(b)). In contrast to all other
measurements, Rosen's results indicate a rapid decrease in exponent v
with height, from 2.5 at ground level to about 1 in the upper levels
of the troposphere. However, as the sizes were only divided into two
ranges, the determination of a power law exponent could lead to

serious errors.
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In summary, the results of optical and impactor counting
experiments are in agreement at ground level, indicating a significant
proportion of solid aerosol. Impactor measurements in the troposphere
suggest an increase in v with altitude, consistent with sedimentation
effects. Particle number densities in the troposphere measured by
optical counters and impactors are in agreement, but the lack of
reliable measurements of the size distribution using optical counters
gives rise to an uncertainty in the tropospheric size distributions.

1.2.2 Maritime Aerosols

Woodcock (1953) made a detailed study of maritime aerosols
in the giant size range, and found that they consist mainly of sea-spray
particles. An increase in strength of the wind increases the total
concentration of the sea salt, and shifts the upper limit of the
distribution to larger particle sizes. Woodcock's results imply that
the large sea spray particles are less numerous than the continental
aerosols by one or two orders of magnitude. The data in Table 1.1
indicate that Aitken particles show a similar variation between land
and sea. For average wind speeds, a Junge power law with v = 3 can
be fitted to the data of Woodcock (1953) for radii between 2 and 10 u
(Junge, 1963). On ‘the basis of a chemical analysis of chloride in
maritime aerosols over Hawall, Junge extrapolated Woodcock's average
size distribution curve to less than 0.1 u, and revealed a peak in the

function at about 0.3 p radius at 80% relative humidity.
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Recently Junge et al (1969) measured the size distributions
of maritime air masses on the coast of Oregon, U.S.A., using Aitken
and optical particle counters. Data were taken at Cape Blanco about
65 metres above the sea on steep cliffs, and in Crater Lake National
Park, at an altitude of 2200 metres and about 160 km inland. The
area between the two sites is forested, and hence air originating from
the north Pacific can be considered uncontaminated. The normal Crater
Lake distribution is closest to a power law relation with v = 3.2, and
represents the low - to mid-tropospheric maritime aerosol. The
results from Cape Blanco representing the surface maritime aerosol
cannot be accurately described by a power law, but v =~ 2 is an
approximate estimate. By directly comparing the Cape Blanco and
Crater Lake distributions, Junge et al were able to separate the pure
sea spray component at Cape Blanco, revealing a peak in the distri-
bution at 0.4 y. Evidently, the sea-spray component becomes insig-
nificant by about 2 km altitude.

The size distribution measured at Crater Lake when
subsidence of the air mass occurred is representative of aerosols in
the high troposphere, and can be described by a power law with an
exponent of approximately 2. The subsidence results are substantially
in agreement with sige distributions measured at Haleakala, Hawaii
(Bullrich et al, 1966) above the trade wind inversion at an elevation
of 3050 metres above sea level. The agreement in the results indicates

the presence of a rather uniform and widespread upper tropospheric
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background aerosol. Junge et al (1969) suggest that this aerosol
may represent aged continental particles, and that they form the
background on which the low level continental and maritime aerosols
are superimposed.

It is to be expected that large scale horizontal mixing
could give rise to a variety of transitions between the continental
and maritime size distributions discussed above, particularly in the
coastal areas. In some instances, Twomey (1955) found sea-salt
particles as far as 1000 miles inland. On the other hand, residues
of continental aerosols are found to be present far out in the open
sea, as for instance by Moore and Mason (1954) over the East Atlantic.

1.2.3 Aerosols in the Lower Stratosphere

The average vertical profile of Aitken nuclei measured
by Junge (1961) has already been presented in Figure 1.L4. The results
show a steady decrease in concentration with an increase in altitude
above the tropopause, implying that the majority of stratospheric
Aitken particles are of tropospheric origin, and enter the strato-

3

sphere by mixing. The concentration ranges from 10 cm - at 15 km to
about 1 cm—3 at 20 km, where it remains approximately constant with a
further increase in altitude. On the basis that Aitken nuclei
originate from the troposphere by a turbulent diffusion process,

Junge et al (1961) estimated their mean radius to be approximately

0.03 wu.
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Measurements of large particle number densities in the
stratosphere using the impactor technique (Junge, Chagnon and Manson,
1961; Junge and Manson, 1961) indicate the presence of a broad aerosol
layer with a maximum concentration of 0.1 cm_3 at an altitude of 20 km.
Extensive measurements at latitudes from 60°S to TO°N (Junge and
Manson, 1961) suggested a stable stratospheric aerosol layer, constant
in time and space. A Junge power law with v = 2 fits the experi-
mental size distribution results in the size range 0.1 - 1.0 u, and
for radii greater than 1 p, v = 4. On the basis of these results,
the power law size distribution has been employed in several optical
studies of the stratospheric aerosol (e.g. Newkirk and Eddy, 196k,

De Bary and Rossler, 1966) in order to deduce the particle concen-
tration and size distribution exponent v. Concentrations of strato-
spheric aerosols measured by Mossop (1965) and Friend (1966) using
the impactor technique are in agreement with those of Junge,

Chagnon and Manson (1961). However, the size distribution obtained
by Mossop and Friend pesk at 0.3 to 0.4 u, and can be approximated
by the following locgnormal function.

av(r)/d(log r) = C exp [- (log r - log ro)2/2s2] (1.4)

where C is a constant, T the mean radius and s the standard devia-
tion. Dave and Mateer (1968) averaged the results of Mossop and
Friend, and deduced that ro = 0.35 pand s = 0.30 (using natural

logarithms).
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The vertical profiles of large particle concentrations
measured by Rosen (1969(a)) using a balloon-borne photoelectric
particle counter are shown in Figure 1.6. It has already been noted
that Rosen's lower tropospheric concentrations (Rosen, 1969(b)) are
in agreement with results of impactor experiments such as those of
Blifford and Ringer (1969). However, the stratospheric concentra-
tions measured by Rosen (1969(a)) are more than an order of magni-
tude greater than the counts deduced by collection experiments,
indicating the existence of & considerable proportion of volatile
aerosols in the stratosphere. Rosen has reported further evidence
of the volatile nature of stratospheric aerosols. When the tempera-
ture of the air intake of the optical particle counter was increased
above 7OOC, the apparent dust concentration sbruptly decreased by a
factor of 10. The recent measurements reported by Rosen indicate
a significant decrease in stratospheric aerosol concentration over the
years following the volcanic eruption in Bali in 1963 (Figure 1.7).
The rate of decrease is consistent with the removal rate of radio-
active debris, but shows large seasonal variations from the average.

The size distribution of stratospheric aerosols measured
by Rosen using the optical particle counter is of particular interest.
The results indicate an exponential function of the form,

dN/d(log r) = Cr exp (- kr) (1.5)
where C is a constant. The size distribution peaks at about 0.3
radius, and is similar in many respects to the lognormal function

discussed earlier.
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Thus to date only one satisfactory measurement of the
size distribution of the volatile aerosols in the stratosphere has
been reported. The consistency of this function with other cptical
measurements in the stratosphere will be discussed in a later
chapter.

Some observations of the stratospheric aerosol indicate
extensive horizontal layering which is not detected in many of the
sampling experiments, principally because the layers are very thin.
Ross (1958) and Simons (1958) photographed the layers from balloons.
Newkirk and Eddy (196L4) and Newkirk and Kroening (1965) report
stratospheric aerosol layers approximately 30 to 100 metres thick
from observations of the sunlit sky using a balloon-borne corono-
graph. The measurements indicate layers with concentrations of
aerosols up to twenty times that of the local smoothed concentration.
Bigg (1969) has photographed the layers from aircraft and using
balloon-borne cameras up to altitudes of 26 km. The observations
show the same layers to exist over some 2000 km in latitude,
although changes in height and thickness are common. Recent studies
by Bigg (1970) indicate that different layers contain completely
different types of particles, with varying size distributions.

At high latitudes the region between the dust maximum
(15 km) and the tropopause (10 km) is characterised by layers rich
in both dust and ozone (Rosen, 1968). The similarity of the dust

and ozone profiles in this region indicates that both of these
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quantities are transported from the same source (Rosen, 1969(c)).

As much of the ozone is produced above 15 km, it follows that the
dust associated with it must have also come from above 15 km.
However, Rosen (1969(c)) reports that the lack of correlation of
dust and ozone above 15 km indicates that aerosols are not being
mixed downward from above 25 km as is the ozone, which suggests that
the source of aerosols at high latitudes is apparently between 15
and 25 km.

1.3 Chemical Composition

The composition of natural aerosols is of importance to the
formation of clouds and in determining their origin. It is of particular
importance to the optical properties of aerosols in the atmosphere, and a
brief review follows.

1.3.1 Tropospheric Aerosols

Dust particles in the troposphere are usually irregular
in shape with an admixture of small soct particles and an occasional
salt crystal. Studies of growth rate curves of natural aerosols as
the humidity is varied indicate that 70 - 80% of the material is
insoluble. At high relative humidities, continental aerosols are
more characteristic of droplets of a salt solution due to the
soluble portion.

Using microanalytical techniques, Junge (1953, 195k,
1956) showed that the soluble fraction of the large particles was

+
essentially composed of NHh and SOh ions, the concentration ratio
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of which suggest‘s(NHh)2 SOM. On the other hand the giant particles
showed only small amounts of NHZ, and Junge assumed that a considerable
fraction of the SOM= was bound by other cations. Chloride was found
to be present in both size ranges, and the results indicate that
chloride particles smaller than 0.8 u are formed over land. In
summarizing the composition of tropospheric aerosols, Junge (1963)
concludes that most of the water-insoluble materials in polluted

areas are organic substances and ashes. In unpolluted continental
atmospheres, the ashes are replaced by mineral dust, such as SiOe.

Bullrich (1964) has collated the optical refractive
indices of materials commonly found for the natural aeroscl. In
the dry state the average refractive index is about 1.54, but as
the relative humidity is increased above T70% the refractive indices
of the soluble materials tend towards that of water (1.33).

Sea-salt particles in pure maritime air contain practi-
cally no insoluble components, and the sharp phase transition in the
growth curve at 73% relative humidity can be used to identify them
(Twomey , 1954). However, with decreasing humidity, dissolved salts
do not recrystallize until much lower relative humidities are
reached, and the solution is considerably supersaturated. NaCl, for
example, does not recrystallize until the relative humidity is about
40%. In the Aitken size range, the normal phase transition of
crystals occurs at lower humidities due to the curvature of the

droplets.
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As the relative humidity approaches T0%, the size distri-
bution of contineantal and maritime serosols 1s modified, and the lower
size 1imit tends to increase. Taking into account the corresponding
change in refractive index, humidity effects are of considerablie
importance to the optical properties of the atmosphere, as indicated
by the many references to this effect in the literature (e.g.
Rozenberg, 1967; Garland, 1969).

1.3.2 Aerosols in the Lower Stratosphere

All of the collection measurements of stratospheric
aerosols indicate that sulphur is the most prominent element present.
Because of the hygroscoplic nature of the particles, Junge, Chagnon
and Manson (196i) assumed the sulphur is most likely present as sulphate,
and on the basis that the vertical profile of large particles peaks
in the stratosphere, they concluded that the particles are formed in

situ. They proposed a mechanism whereby H.S and SO2 are introduced

2
by diffusion through the tropopause, and subseguent photochemical
oxidation forms the suiphate. This mechanism is also consistent with
the small variations observed in time and space of the aercsocl layer
(Junge and Manson, 1961). Friend and Sherwocd (1961) identified
ammonium sulphate and ammonium persulphate by electron diffraction
analysis of stratospheric aercsols collected under similar conditions.
Mossop (1965) found that within each sulphate particle there exists

at least one smaller inscluble particie that presumebly acts as a
nucleus upon which the ammonium sulphate is deposited in the strato-

sphere.
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The collection measurements to date suggest that the
refractive index of ammonium sulphate (1.52) is applicable to strato-
spheric aerosols. However, the measurements of Rosen (1964, 1968,
1969(a)) discussed in Section 1.2.3 suggest a significant volatile
component in the stratosphere. The chemical ccmposition of the
volatile component is likely to be sulphuric acid or water vapour,
the refractive index of which approaches 1.33.

1.4 Aerosocls above 30 km

Observations of noctilucent clouds (Fogle, 1966) at high lati-
tudes indicate the presence of aerosols at heights close tc the mesopause.
Polarization and spectral measurements (Deirmendjian and Vestine, 1959;
Witt, 1960) have shown that the majority of the particles have sizes less
than the wavelengths of light, and that i1f the particles follow & Junge
size distribution law, the exponent v must be greater than 2.

Results of rocket-borne experiments by Hemenway, Soberman and
Witt (1964) and Soberman and Hemenway (1965) showed that the particle
concentration in a vertical column thrcugh the noctilucent cloud display
was at least 1000 times greater than in the case when no clouds were

observed. Table 1.2 shows the particle characteristics observed.

TABLE 1.2

Cut—-off Radius | Average Number | Size Distribution
(microns) Density (m—3) Exponent v

NLC Display .02 L x 108 3 -4
No Display .02 L x 103 2
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In both cases the smallest radius was 0.02 p whereas the exponent of the
power law describing the size distribution changed from 2, when no display
was observed, to 3 - U during a noctilucent cloud display. The largest
size observed was about 0.5 u radius.

The noctilucent cloud particles are mainly of iron, nickel and
silicon, and some show evidence of having been ice coated.

In the region 30 - 70 km, there is little evidence in support of
the existence of aerosols. Twilight sky brightness measurements of Volz
and Goody (i962) are interpreted as indicating a constant background
turbidity of 0.2 for red light in this region. Dunkleman, Dave, Mateer
and Evans (1968) postulate a narrow aerosol layer at sbout L0 km altitude
in order to explain the colours of the twilight sky seen by astronauts.
However, lidar observations (e.g. Kent, Clemesha, and Wright, 1967) have
not detected any significant aerosol layers in this altitude region.

1.5 Remote Optical Probing of the Upper Atmosphere

Many of the properties of aerosols in the upper atmosphere
discussed in the previous sections have been determined using vehicle borne
equipment, whereby the particles are either collected for subsequent
analysis in the laboratory, or measured in situ by optical counters. The
inability of the collector experiment to detect the volatile component
limits its use somewhat for stratospheric measurements, and highlights the
importance of optical methods. It is likely that the vehicle borne
optical counter of the type used by Rosen (1964, 1968, 1969(a)), but per-
haps modified to enable more accurate measurements of the size distribution,

will make significant contributions to atmospheric studies in the future.



The vehicle borne experiment, however, is both costly and
complicated by experimental difficulties, and progress has been relatively
slow. On the other hand, frequent measurements of atmospheric properties
have been made using ground based optical techniques, of which twilight
and searchlight experiments, and more recently laser radar measurements
are most common. Remote optical measurements, however, require clear
weather and are more difficult to interpret. Nevertheless, the dis-
advantages are far outweighed by the advantages. In what follows, some
of the more important ground based optical experiments will be described.

1.5.1 Twilight Experiments

As the sun sets below the horizon, the earth's shadow
gradually rises upward, and the lower atmospheric layers, submerged
in shadow, no longer contribute to the sky brightness. The scattered
light comes progressively from the higher lsyers which are still
illuminated by direct sunlight, and consequently the brightness of the
sky rapidly decreases due to the reduction in air density with height
(Figure 1.8(a)).

The twilight phenomenon has been used by scientists as far
back as the 1lth century to deduce properties of the upper atmosphere.
It was not until 1923, however, that the purely empirical observa-
tional approach was replaced by a theoretical approach (Fesenkov, 1923).
Since then, many contributions to the development of twilight research
have been made (Rozenberg, 1966). Essentially, the sun acts as the
source of light, and height resclution is achieved by means of the

earth's shadow, which progressively sweeps through higher layers of
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the earth's atmosphere. Many workers (e.g. Gruner, 1942; Dave and
Mateer, 1968) have ascribed the phenomenon of'purple 1ight'to the
stratospheric aerosol layer, and Volz and Goody (1962) have deduced
scattering coefficients of the aerosols. Rozenberg (1966) has
reported that the twilight method is ideal for the sounding of the
molecular component of the atmosphere above 30 km.

The studies of Rozenberg (1966) show, however, that
deduction of atmospheric quantities from twilight measurements is
exceedingly complicated. He concludes that the results below about
30 km are difficult to analyse because of the interrelation between
the transmission and scattering characteristics of the atmosphere
in this region. In addition, the twilight experiment requires
cloudless skies up to hundreds of kilometers from the observation
site, thus reducing the number of possible measurements. Thus
alternative optical probing methods have been investigated, and
these are described in subsequent sections.

1.5.2 Searchlight Experiments

The geometry of the searchlight experiment is shown
diagramatically in Figure 1.8(b). The searchlight beam is directed
upwards, and either a photographic or photoelectric detector, situated
some distance from the searchlight, scans the beam and records the
intensity as a function of height. Most of the systems are of the
bistatic type as shown in Figure 1.8(b). Using a photographic

recorder, Hulburt (1937) obtained density measurements to altitudes



ok,

of 28 km. Later, Johnson et al (1939) improved the sensitivity of
the experiment by modulating the intensity of the beam, and a photo-
electric recelver was used. Rayleigh scattering was measured up to
heights of 34 km. This experiment was repeated by Elterman (1954,
1966) and Eiterman et al (1969), and results up to altitudes greater
than 60 km have been obtained, showing the existence and variation
of the stratospheric aerosol layer.

The bistatic configuration of the searchlight experi-
ments described above complicates the experimental work, as diffi-
culties occur in aligning the receiving and transmitting beams, and
it is difficult to know the exact extent of the overlap. Long times
are also needed to obtain complete profiles. Friedland et al (1956)
attempted to overcome these difficulties by using a pulsed search-
light system, in which transmitter and receiver are located in
proximity, forming a "mono static" system (Figure 1.8(c¢c)). The
altitude limit of the equipment, however, was approximately 40 km.

1.5.3 The Laser Radar

The laser was developed a few years after the monostatic
experiments of Friedland et al (1956), and apart from the work of
Elterman, has almost replaced the searchlight beam as an optical
probe. The advantage of the laser are its monochromicity and much
narrower angular divergence, which has enabled the background noise
recelved to be reduced by many orders of magnitude. Due to the short

duration of the laser pulse, the monostatic system is normally used.



Since the early work of Ficcco and Smullin in 1963,
gseveral laser radar systems have been developed. Recently Wright
et al (1969) have reported laser radar measurements to heights
appreoaching 100 km. To date the laser radar offers the most
suitable and reliablie method of optically probing the upper

atmosphere.
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CHAPTER TWO

THE LASER RADAR

Figure 2.1 shows the laser radar equipment installed inside the
mobile instrumentation van. The principle of the laser radar technique
is similar to that of ordinary radar in that a pulse of energy is
emitted and the back-scattered signal is detected and its intensity
measured as a function of range. The laser radar constructed at
Adelaide, South Australia, is directed vertically, and the scattered
energy is measured as a function of height. A brief review of the
equipment is given in this chapter.

It is convenient to discuss the laser radar in terms of the
transmitter and receiver separately. The transmitter consists of a
laser and collimator, and the receiver is comprised of a telescope
and photoelectric detector system.

2.1 Transmitter

A simplified diagram of the transmitting system is shown in
Figure 2.2(a), and a block diagram of the electronics is given in
Figure 2.3.

2.1.1 Laser Generator

The main parameters of the laser generator are listed in
Table 2.1. The laser element is a ruby rod (15 cm long by 8 mm diameter)
having a Brewster face at cne end and a total internally reflecting end

at the other. The interferometer or optical cavity is formed between the
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total internally reflecting end of the ruby, and an optical flat
made of sapphire having 16% reflectivity. "Q" switching is

achieved by rotating a prism at 12000 rpm within the interferometer.
The prism alsc rotates the beam through 90 degrees (see Figure 2.4).
The Q-switch is driven by a small synchronous hysteresis motor which
is in turn supplied by a 400 Hz inverter. A magnetic pick-up
monitors the rotation of the Q-switch and provides synchronisation

between triggering of the flash tube and prism rotation.

TABLE 2.1
Parameter Numerical Value
Wavelength 0.6943 &
Energy per pulse 0.2 J
Pulse length 0.5 us
Beamwidth (after collimation) 1 mrad
Pulse repitition rate ol min™t

The ruby rod is at one focus of an elliptical cavity,
and 1s optically pumped by a FX55 Xenon flash tube at the other
focus of the cavity. Both the ruby rod and flash tube are cooled
by pagsing water through glass envelopes, and the complete laser
is enclosed in a gas-tight cover, and operates in an atmosphere of
dry nitrogen. The nitrogen is necessary to prevent oxidation of the
aluminised suyrface of the elliptical cavity, and to prevent condensa-

tion of moisture on the cooling jackets. The nitrogen is supplied



ol The laser, with cover renoved.
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from a standard 220 c. ft. cylinder of industrial dry nitrogen and
the small flow rate is controlled by a medical oxygen regulator. A
flow gauge and pressure safety valve are also included.

2.1.2 Laser Power Supply

A power supply delivers approximately 650 joules of
electrical energy at 2.3 KV in a rectangular pulse about 0.3 milli-
seconds in dquration to the flash tube. Delay and triggering circuits
are incorporated into the supply to enable the flash tube to be
triggered at the appropriate point in the Q-switch cycle.

The electrical energy is initially stored in capacitors
of a pulse frequency network. The charging of the capacitors is
monitored and interrupted by a Schmitt trigger circuit when the pre-
set energy has been reached. In order to fire the laser, the delay
and triggering circuits are activated by a manual push-button control,
or by means of an automatic mode of operation which immediately
begins the charging process after the previous laser firing. The
highest repitition rate at present is 24 cycles per minute, and is
limited by current capabilities of the power supply.

2.1.3 Copling System

Cooled water is supplied to the ruby and flash tube by
two separate pumping systems. Standard plastic containers and
tubing are avoided because of the risk of contaminating the water
supplies with plasticisers which dissolve more readily in high

purity water. Hence water in both systems is delivered through a
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combination of nylon and natural rubber tubing. Initial tests with
"mono" pumps indicated that small particles of neoprene were being
worn from the stator and carried into the water jackets. The high
intensity radiation from the flash tube caused the neoprene to
decompose and form a brown deposit on the walls of the jackets, thus
decreasing the amount of excitation energy reaching the ruby. Centri-
fugal pumps constructed of nylon-impregnated bakelite are now used
in which contact between rotor and stator is minimised. The water
cooling unit has since proved satisfactory and no deposits have
formed in the glass jackets over an operational period of 18 months.

The water used to cool the flash tube is at ambient
temperature and is de-ionized, since it flcws over the high-voltage
terminals of the tube. The storage tank is constructed of stainless
steel in order to minimise ionic contamination. The ruby is cooled
to a temperature of 4%¢ by a separate supply and controlled by two
thermostats to an accuracy of + 1°C.  The water in both systems is
pumped at a rate of about 1 litre per minute, and experiments have
shown that excess heat energy from the flash tube is adequately
dissipated.

2.1.4 Characteristics of the Laser Output

The laser output normally consists of three closely-
spaced narrow pulses of light. The total duration of the pulse
train is 0.5 us and the overall energy is 0.2 joules. The angular

divergence of the beam is 10 mrad.
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As the input energy to the flash-tube is decreased and
approaches the threshold value for laser action, the number of pulses
reduces to one and the angular divergence decreases due to the
suppression of off-axis modes. Some of the off-axis modes are due to
the rotation of the Q-switch prism, and the angular divergence can be
reduced slightly by tilting the sapphire flat, which acts as one end
of the laser interferometer, about an axis parallel to that of prism
rotation. This causes a majority of the energy to be released in an
off-axis mode earlier than the axial mode. The late off-axis modes
are therefore suppressed due to insufficient population of the
excited state.

The laser generator was originally designed to produce
pulses of 1 joule total energy. This specification is unfortunately
unattainable. At output energies near 1 joule the Q-switch prism
has a very limited life, suffering severe pitting on the total
internally reflecting face after 50 - 60 shots. It appears that the
prism is unable to withstand the high energy density of the laser
beam at these energies. It is of interest to note that most laser
generators of comparative outputs have ruby rods of considersbly
larger cross-sections, thus decreasing the peak energy densities.

The output capability of the laser has thersfore been derated to
0.2 joules, and a prism life in excess of 30,000 shots has been

obtained.
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The output energy of the laser can be measured by
inserting a right angled prism in the path of the beam, which
directs the beam to a ballistic thermopile. At the present time
there is no facility to measure the output energy each time the
laser is fired during the course of sounding the atmosphere. It
will be seen in the following chapter, however, that the particular
method of data analysis used in the present work does not require
absolute measurement.

The wavelength of the radiation generally lies between
6942 and 6943 R, the exact value depending on the temperature of
the ruby. Up to the present time the ruby temperature has been
meintained at 4°C, giving rise to a wavelength of 69L2 X.
According to the results of Long (1966), this wavelength is
adjacent to an absorption line due to water vapour in the atmos-
phere (Figure 2.5). It was initially feared that a temperature
rise in the ruby during irradiation by the flash tube might cause
the emitted wavelength to coincide with the absorption line. How-
ever, no significant reduction in signal has been noticed during
experimental observations. Moreover, theoretical calculations of
the expected signal are within 60% of the observed values.

2.1.5 The Collimator

As noted earlier, the collimator reduces the laser
output beam divergence. The advantage of a small angular divergence
lies in the fact that the receiver field of view can be minimised,

thus reducing the noise contribution from the sky background radistion.
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A rotating shutter positioned at the focus of the
entrance lens of the collimator is used to cut off the long
duration fluorescent emission from the ruby following the main
laser pulse. This, when scattered from the lower regions of the
atmosphere, gives rise to a signal intensity of the same order
of magnitude as the main pulse when scattered from the upper
atmosphere. The rotating shutter is a disc of diameter approxi-
mately 6 cms, and having four 5 mm slots equally spaced around
the circumference. This is rotated at 12,000 rpm by a synchronous
hysteresis motor which is in turn driven by the same inverter that
supplies the Q-switch motor.

The phase of the shutter is monitored by a small
optical pickup, and adjusted relative to the phase of the Q-switch
prism so that the shutter is completely closed soon after emission
of the main laser pulse. The relative phase of the shutter rotation
with respect to rotation of the Q-switch is monitored by displaying
the waveform of the magnetic pickup in the Q-switch and the output
of the optical pickup on a dual-beam oscilloscope. The shutter
phase is adjusted mechanically by bodily rotating the motor about the
shutter rotation axis. This method has proved simpler and just as
reliable as altering the phase of the driving waveform.

The closing time of the transmitter shutter is 20 us,
and the jitter in phase in relation to the Q-switch has a maximum

value of 20 us. Thus the maximum time difference between emission of
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the laser pulse and complete closing of the transmitter shutter is

L0 us. Results of an experiment to measure the contribution from

the fluorescent tail showed that the intensity of the fluorescence

is less than 10_6 of that of the main laser pulse. Calculations using
a model aerosol atmosphere show that scattering from such a fluorescent
tail will be less than 5% of the main signal from the height being
studied provided its length is less than 50 us.

In order to reduce the closing time of the transmitter
shutter, a positive entrance lens was used in the collimator and the
shutter was placed at its focus. A negative entrance lens would
have resulted in a prohibitively large laser beam cross-section,
Tests have shown no significant loss of energy which could be
attributed to dielectric breakdown of the air at the focus of the
positive lens. The primary lens of the collimator is a simple plano-
convex lens, as it was feared that a cemented compound lens would
deteriorate under the high density irradiation of the laser beam.
Chromatic aberration is absent because the laser beam is mono-
chromatic, and the shape of the lens minimises spherical gberration.

A thin wire stretched across the exit aperture of the
collimator scatters a small fraction of the beam to a high speed
photodiode. The photodiode output waveform is displayed on an
oscilloscope, allowing a constant visual check to be kept on the
laser pulse shape during operation. The leading edge of the oscillo-
scope's time-base gating voltage is used to trigger the recording

system.
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2.2 The Receiver System

2.2.1 The Optical Receiver

The parameters of the optical receiver are listed in

Table 2.2, and a simplified diagram is shown in Figure 2.2(b).

TABLE 2.2

Parameter Numerical Value
Area of receiving mirror 0.073 m?
Field of view 2 - 5.4 mrad
Quantum efficiency of photomultiplier 0.03
Filter bandwidth 8.5 %
Minimum noise level from 120 pulses sec_l
photomultiplier P

The scattered light is gathered by a 30 cm diameter, 1.8 m focal
length parabolic mirror, and directed by a diagonal flat to an
aperture which defines the field of view of the receiver. The
size of the aperture is adjustable, and for high altitude work
is set to 3.5 mm, which corresponds to a field of view of 2 mrad.
The largest diaphragm size is 9.7 mm, giving a field of view of
5.4 mrad. The position of the aperture can be accurately adjusted
by means of micrometer screws to align the receiver's field of
view with the transmitted beam.

Immediately behind the aperture is a rotating shutter,
whose function is to block the receiver for a short period following

each laser firing. If this were not done, the intense scattering
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from the first few kilcmetres of the atmosphere would lead to
overloading of the photomultiplier, and a consequent increase
in the noise count. This shutter is also synchronised with the
laser Q-switch, and phased so that the receiver aperture is
completely uncovered by the time the scattered light has returned
from the lowest level of the height range being studied. The
receiver shutter is powered by the same inverter that supplies the
Q-switch and transmitter shutter motors, and is phased by a method
similar to the phasing of the transmitter shutter described earlier.
The shutter rotates at 24,000 rpm, resulting in an opening time of
30 us. Due to jitter in rotation of the Q-switch, the effective
opening time of the receiver shutter is increased to 50 us, which
corresponds to a sounding height of 7.5 km. Thus when the shutters
are in operation, the receiver cannct be used for atmospheric
soundings less than gbtout 8 km. However it is possible to study the
lower layers without the receiver shutter (see Section 2.2.2,2).

The light passing through the aperture is collimated by
a lens of 12.7 cm focal length and then passed through an interference
filter to the detector. The interference filter has a bandwidth of
8.5 % and a peak transmission of 45%. The filter is tuned to the
laser wavelength by tilting it with respect to the beam axis by means
of a cam and rotating shaft. The method adopted to tune the filter
is as follows. After coocling the ruby to the normal operating
temperature, the laser 1s fired, and a small fraction of the colli-

mated beam is scattered into a fibre optics bundle, or light pipe, by
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the thin wire stretched across the exit aperture of the collimator.
The other end of the light pipe is placed near the diaphragm of the
telescope and directed towards the interference filter and photo-
multiplier. It i1s necessary to attenuate the light by a factor of
100 to prevent overloading of the photomultiplier. The relative
intensity of the laser light reaching the photomultiplier after
passing through the interference filter is monitored on a storage
oscilloscope. The laser is fired repetitively, and the filter is
tuned by optimising the output from the photomultiplier.

The detector is an E.M.I. type 9558B photomultiplier
having a photocathode of the 8-20 class. In the wavelength
region of 0.7 u this photocathode appears to have the highest
quantum efficiency of those currently available, a value of 0.03
being typical. The photomultiplier is cocoled by a Peltier
battery in order to reduce the dark count rate. The hot side of
the Peltier battery is cooled by water at 4% from the laser
cooling system, and the battery is then capable of lowering the
temperature of the photomultiplier to - 1500. The dark count at
this temperature is 120 pulses/sec, compared to 1900 pulses/sec
at 2OOC. The photomultiplier and Peltier battery are contained
in a thermally insulated housing, the front window of which is an
evacuated cylindrical glass cell. The front glass surface of the
cell remains at ambient temperature and is free of condensation.

The photomultiplier is surrounded by "conetic" material to provide
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magnetic shielding. The tube is operated at a gain of 2000 amps/
Jumen, the maximum recommended by the manufacturer.

ATter being individually aligned optically in the
laboratory by standard collimation techniques, the transmitter
and receiver are rigidly mounted on a heavy metal framework. The
final alignment of transmitter and receiver beams is carried out
after installation of the equipment. A subsidiary optical system
consisting of a 9 cm diameter and 64 cm focal length lens, and
aluminium foil mounted at its focal plane, is capable of sliding
on accurately machined guide rails placed above the transmitter
and receiver (Fig. 2.6). To carry out the alignment, the sliding
lens is placed over the transmitter and the laser fired, pro-
ducing a small hole in the aluminium foil. The lens assembly is
then moved over the receiver aperture, meking sure that the

angular orientation with respect tc the optical axis of the trans-

mitter is not altered. The orientation is monitored by means of two

accurate spirit levels, and adjusted by three screw motions at the
base of the lens platform. The small hole in the aluminium foil is
illuminated from sbove, and the field of view of the receiver is

adjusted so that the image of the hole, viewed with a low power

microscope, is central in the receiver aperture. Coarse adjustments

are made by tilting the main mirror of the receiver, and fine
adjustments are made using the micrometer screws which move the

receiver diaphragn.
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2.2.2 HElectronic Recording System

Depending on the height range to te studied, one of
two signal recording technigues is used. The signal from altitudes
below 10 km is of sufficient magnitude to enable an analogue
recording technique to be used. For altitudes sbove about 10 km,
however, the signal is so weak that individual current pulses are
resolved, corresponding to the arrival of discrete photons. In
this case a digital recording technique is employed.

2.2.2.1 Digital Recording System

A block diagram of the recording systems is
shown in Figure 2.3. ©Single photon pulses from the photo-
multiplier are amplified by a factor of 10 by & pre-
amplifier mounted on the photomultiplier housing, and passed
through 50 @ cable to the electronics rack. The pulses are
further amplified by a factor of 10, and then pass to a high
speed discriminator whose threshold is adjusted to eliminate
noise pulses due to the main power supply and triggering
circuits.

The standardised output pulses from the
discriminator are amplified and further shaped by the scaler
driver, and passed to & 10-channel counter which has been
specifically developed for the laser radar. With the excep-
tion of the power supplies, the circuitry is based almost

entirely on integrated circuits. The counter channels form
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10 successive range recording intervals, and may be set at
1,2,4 or 8 km width. The delay between the arrival of a
trigger pulse and the opening of the first channel is adjust-
able, and at present may be set at 8, 12, 20 or 4O km. The
dead time between channels is less than 1% of the width of
the smallest channel. With such a combination of delays and
widths, it is possible to investigate the 8 to 120 km height
range. The maximum counting rate varies from one channel to
ancther, being dependent on the speed of the individual com-
ponents of each channel. The maximum counting rate of each
channel for regularly spaced pulses, however, is not less
than 20 MHz, and it is the speed of the discriminator, set
at 20 MHz, that determines the cocunting rate of the total
system.

The pulse counting system was found to be
linear up to average random count rates of 0.2 - 0.3 MHz.
At greater count rates the effect of more than one pulse
arriving during the resolving time of the counter becomes
significant, and the observed count rate n is less than the
true count rate N. If t is the resolving time of the counter,
then nt is the total "dead time" of the counter per second,
and the ratio of true counts to observed counts is given by

the equation

T-m Gl
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Figure 2.7 shows a graph of the departure from linearity of
the counting system as a function of count rate. The circles
are the results of an experimental determination, and the

s0lid curves are derived using equation (201) with t = 50 and
55 nsec respectively. It is thus possible, within limits,

to count pulses at rates greater than 0.2 MHz and apply correc-
tions according to equation (2.1). This will be discussed in
further detail in a later chapter.

The counter is arranged to accumulate the
counts recorded in consecutive firings of the laser for the
appropriate height range. The counts in each channel are
stored until erased by an external control, or they can be
read out in turn by a manual operation. The number of laser
firings is also recorded.

The scattered light from altitudes below sbout
20 km is attenuated to reduce the maximum count rate to a
level acceptable to the counting system. Thus low level
observations are limited by the performance of the counter
system, whereas above 20 km, the limitation lies in the weak
signal strength.

2.2.2.2 MAnalogue Recording System

The advantage of the analogue recording system
is that a complete profile from nearly ground level to about

10 km can be obtained with approximately 5 laser firings. The
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current waveform from the photomultiplier is displayed
directly on the screen of a Tektronix 564 storage oscillo-
scope in the conventional A-scan mode. It is thus possible,
particularly in low altitude regions where turbid layers
exist, to observe transient atmospheric phenomena in real
time.

As the signal between 0.4 and 10 km varies
by more than 3 orders of magnitude, a logarithmic amplifier
would be desirable. However, such an amplifier having a
sufficiently fast speed of response was not available
commercially, and attempts to develop one were unsuccessful.
The signal recording is at present carried out by over-
lapping the results of several soundings at progressively
higher sensitivity settings of the oscilloscope vertical
amplifier. The oscilloscope display of each laser firing is
photographed and the profile is digitised for data pro-
cessing.

Due to jitter in rotation of the Q-switch
and the finite opening time of the receiver shutter, discussed
previously in Section 2.2.1, it is not possible to use the
rotating shutter in the receiver to cut off the high intensity
light scattered from the lowest regions of the atmosphere.
Thus, as the gain of the oscilloscope is increased, the amplifier
becomes severely overloaded. However, experiments show that the
amplifier recovers sufficiently rapidly to allow this technique

to be used.
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A neutral filter is placed in the received
cone of light to ensure that the maximum 1ight intensity
incident on the photomultiplier does not overload the photo-
cathode.

2.2.3 Electrical Noise Problems

Initial experiments using the pulse counting technique
revealed the presence of considerable noise interference. The
majority of the noise appeared to come from the relays in the main
power supply, and was picked up by the circuits associated with the
photomultiplier.

The photomultiplier and pre-amplifier were subsequently
shielded magnetically, and leads to and from the main power supply
were electrostatically shielded. The pre-amplifier and Peltier
battery power supplies were separately decoupled. Earth loops were
minimised by the judicial positioning of earth points. A large
proportion of the noise interference has subsequently been eliminated,
and the discriminator is capable of reducing the remaining inter-

ference to negligible proportions.
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CHAPTER THREE

THEORETICAL SCATTERING CONSIDERATIONS

Theoretical aspects of importance to laser radar studies of the atmos-
phere are discussed in this chapter. The solution of the basic lidar
equation is not straightforward, as the interpretation of the results using
a single wavelength and scattering angle is subject to considerable
uncertainty. However, making certain reasonable assumptions concerning the
nature of the scatterers in the atmosphere, it is possible to deduce
quantitative information such as scattering coefficients, turbidities and
number densities.

3.1 The Lidar Equation

The photon count C(h) received from a small height interval Ah
at height h is a function of the Rayleigh backscattering coefficient
BR(n,h) (metre_l sterad_l) for the molecular component, and the backscatter-
ing coefficient BA(ﬂ,h) for the aerosol component. For the case of vertical
lidar soundings, it can be shown that
BR(ﬂ,h) + BA(ﬂ,h)
h2

(3.1)

C(h) = x{T(0 - h)}2

where T(0 - h) is the transmission through the atmosphere between ground
level and the height h. The value of the constant k depends on equipment
parameters such as laser output energy, transmission of all optical surfaces,

and efficiency of the photomultiplier photocathode.
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The transmission term in equaticon 3.1 is related to the volume
attenuation coefficient, a(h) (metre_l), by the following expression:
rh
| PR
T(0 - h) = exp {- | a(h”)dn~% (3.2)

o)

Both the total backscattering coefficient, given by

B(m,h) = B_(w,h) + B, (w,h) (3.3)

R A

and the attenuation coefficient are functions of the type, number
concentration and size distribution of atmospheric particles. However,
a(h) appears in equation 3.1 as an integral expression, and hence
fluctustions in the received signal C(h) may be attributed primarily to
changes in B(w,h). The lidar signal scattered from an atmosphere of low
turbidity is thus capable of directly revealing layers and inhomogeneities.
The signal scattered from a turbid atmosphere is more difficult to inter-
pret because of the interrelation between backscattering and attenuation.
In the visible region of the spectrum, the attenuation coef-
ficient appearing in equation 3.2 is mainly dependent on the molecular
and aerosol scattering coefficients, BR(h) and BA(h) respectively, and
on the ozone absorption coefficient Bo(h)e Absorption of ruby laser
radiation by water vapour, aerosols and the molecular atmosphere is
considered negligible. The attenuation cocefficient is thus approximated

by the following expression:

a(h) = SR(h) + sA(h) + so(h) ; (3.4)
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3.2 Soluticn of the Lidar Equaticn

As several o the quantities appearing in the eguipment parameter
k in equation 3.1 are difficult to measure, and may change with time, a
relative method of solutiocn is employed in the present work. The method is
similar to that of Elterman {(1966), who used an iterative-convergent tech-
nique to solve the equation describing scattering from a searchlight beam.
A brief description follows.

In order to solve equetion 3.1, it is assumed that at some
calibration height, hcal, the scattering is predominantly molecular, so

that the aerosol backscattering coefficient B, (w,hcal) can be ignored. The

A
product k{T(0 - h)}? in equation 3.1 can then be calculated.

It is convenient to rewrite T(O - h) in terms of the transmission
between ground level and the calibration height, T7(0 - hcal), and the trans-
mission T{(hcal - h) between the calibration height and height h. Equation

3.1 becomes

BR(ﬂ,h) + BA(ﬂ,h)
C(h) = k{T(0 - heal)}?{T(hcal - h)}? (3.5)

h2

if h > heal (if h < heal, the term {T(hcal - h)}% in the above equation
appears in the denominator).

The transmission term T(0 - hcal) is assumed constant for a
given experiment. Equation 3.5 is solved by rewriting T(hcal - h) in terms
of the attenuation coefficient as in equation 3.2, and expressing the
(n,h) in terms of the volume

backscattering coefficients B,(w,h) and B

A R

scattering coefficients by means of the following equation:
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By(mh) + Bpln,h) = (P, ()8, () + Po(n)B (n))/bn  (3.6)

PA(W) and PR(W) are, respectively, the normalised backscattering phase
functions for aerosols and the molecular atmosphere. Representing all
the constant terms by k”, equation 3.5 is then given by

h
o) = k" e {- 2 [ (ep(n) + 5, (n")
hecal

(B (1B, (n) + B, (1)8, (1))
+ 8 (0 y R A A 5
h

which can be solved for BA(h) by an iterative technique (Elterman, 1966).
However, the laser radar equation can be solved with a high

degree of accuracy without the necessity for an iterative method, as the
following considerations illustrate. If the numerical integration in
equation 3.7 is computed using sufficiently small height intervals, then
SA(h) appearing in the transmission correction term

h

e f-2 | (a(n7) + 8,(n7) + 5 (5"))an")

heal
can be ignored without introducing serious errors, Substitution of the
transmission correction term in equation 3.5 enables BA(w,h) to be
calculated.

Results can now be expressed in terms of the scattering index

I(h), defined by the equation

I(h) = ¢(h)n2/{T(hcal -~ n)}2 . (3.8)
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The scattering index is thus directly proportional to the total back-
scattering coefficient B(w,h). The experimentsl values of scattering
index are normalised to theoretical values for a molecular atmosphere
at height hcal, and departures of the experimental from the theoretical
curve are interpreted as indicating the presence of aerosols.

3.3 Quantities Derived from the Lidar Data

The ratio R(h) of experimental values of scattering index

to molecular values is given by the identity

R(h) = 1 + BAw,h)/BR(w,h) . (3.9)

The aerosol backscattering coefficient B, (m,h) can be deduced by insert-

A

ing in this equation a value of the molecular backscattering coefficient

BR(ﬂ,h). The latter is calculated using the following relation:

B

g(n,h) = (3/8m)6,(n) (3.10)

where the volume scattering coefficient BR(h) is given by the formula

Be(h) = o (M)W, (h) (3.11)

OR(A) is the Rayleigh scattering cross-section for radiation of wave-

length A, and at the ruby laser wavelength of 6943 &, o_(A) = 1.760

R

X 10-27 cm? . NR(h) is the molecular number density.

Combining equations 3.6 and 3.9, the following relation is

obtained:

) {R(h) - 1} . (3.12)
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The quantity on the left hand side of the above equation is known as the
turbidity, t(h), and substituting the value of BR(h) by means of equation
3.11 enables BA(h) to be calculated. The molecular phase function

P_(m) = 1.5, and the value of P

R (r) is obtained from independent experi-

A

mental observations and theory.

The aerosol number density N, (h) is related to the back-

NA
(m,h) by the following expression:

scattering coefficient BA

B, (m,h) = N,(h) %

A ™ (3.13)

where ZA(ﬂ5 is the backscattering function for aerosols averaged with

respect to the size distribution.

The magnitudes of the aerosol phase function for backscatter,

PA(N), and the backscattering function, ZA(W), are subject to con-

siderable uncertainty. For example, P,(w) in Figure 3.1 is shown as

A

a highly variable function of the particle size parameter x, the cir-

cumference to wavelength ratio. (w) was derived theoretically for

PA
single spherical particles of refractive index 1.33. It can be seen
that PA(N) shows no simple dependence on particle size or wavelength.
Natural aerosols in the atmosphere, however, have a range of sizes, and
fluctuations in the phase function tend to average out. Thus, a given
value of PA(ﬂ) implies a given type of aerosol and constant size distri-
bution. Deirmendjian (1965) has noted that on the basis of lidar
observations alone, several equally plausible interpretations of the

observed value of B,(m,h) are possible. A change in aerosol number

A
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density would alter BA(W,h), other parameters being constant. Alterna-
tively the total aerosol number density could remain constant, but the
aerosol refractive index might change due to some chemical reaction.
Coagulation and sedimentation could alter the size distribution of a
given ensemble of particles, which would be reflected in a change in

B, (m,h) and also P, (w).

A A

The above discussion clearly demonstrates the limitations of the
present technique in interpreting the measured value of BA(ﬂ,h). However,
as little is known of aerosol concentrations, results of these calcula-
tions are therefore of great interest.

(m)

In the following sections, aspects in the derivation of PA

and ZA(N) will be discussed.

3.4 Mie Scattering Theory

In 1908 Mie formulated a complete solution to Maxwell's
equations describing the scattering of radiation by a single homogeneous
sphere. Although natural aerosols can hardly be described as homogeneous
spheres, many useful theoretical studies of optical scattering properties
of atmospheric aerosols have been carried out in recent years.

For radiation of wavelength A, the cross-section for scattering,
oA(metrez), by a single sphere of radius r is given by the formula
(Van de Hulst, 1957):

o,(r) = (32/2n) § (on + 1){|anl2 + lbn|2} (3.1k)
n=1
where the Mie coefficients a, and bn are written in terms of Ricatti-

Bessel functions:
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o
1

W, (x) - my (v)v (20 (y)e (%) - my, (y)e (x)) (3.15)

Cl’l

o’
1

(mp (570, () = 0 ()9 (D) (w2 (v)e (2) = v_(y)e (x))
(3.16)
The arguments are x = 2mr/A and Yy = mx, where r is the radius of the sphere
and m the complex refractive index, compared with that of the surrounding
medium. The Ricatti-Bessel functions wn(z) and Cn(z) are defined in terms

of the spherical Bessel functions jn(z) and hn(g)(z).

<
—
N
~
I}

zjn(z) (3.17)

r (z) = zn 3 (y) (3.18)

n n

The primes in equatiors 3.15 and 3.16 denote the derivatives of the
functions.
The backscattering function ;A(W) is written in terms of Mie's

amplitude function Sp(m):

L, (mr) = 2%[sy(n)]2/hn? (3.19)
where
Sy(m) = —nzl(n + %) (- 1)n(an - bn) (3.20)

The normalised phase function for backscattering, PA(ﬂ,r),

is then given by the relation

PA(ﬂ,r) = hﬂ;A(W)/cA(r) ” (3.22
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Calculations of the Mie coefficients a, and bn are simplified
using recurrence relations described by Aden (1952), whereby the expres-
sions in equations 3.15 and 3.16 are rewritten in terms of the logarithmic

derivative functionsg

Dn(y)

[1a v ()] (3.22)

i

G (x) = [in ¢ (x)]~ (3.23)

Then equations for the Mie coefficients may be expressed after some

manipulation in the following form:
2, = 3,0 [, - w0 (1/m ) B_(3) - me ()] (3.24)

3,00 [0 () - D 0]/, B)x) [m_(3) - ¢ ()] (3.25)

o'
1

The logarithmic derivative Dn satisfies the recurrence relation
n B ni-1
= = - + =
D 1(z) LDn(z) z] (3.26)

and an identical relation holds for Gno

Most workers have used the above relationship to calculate
D by an upward recurrence relation (e.g. Aden, 1952). However,
Kattawar and Plass (1967) have reported that the upward recurrence
relation becomes numerically unstable when n > |zl, a region of parti-
cular importance for large values of x. They have shown that the down-
ward recurrence formula for Dn is always numerically stable. Neverthe-

less, the author has found that calculations relevant to the work
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described here can be accurately performed on a CDC 6400 computer (60 bits
per word) using the upward recursion method. Results up to x = L0 are in
agreement with values tabulated by Deirmendjian (1963).

Using the Mie theory described above, PA(ﬂ,r) was calculated
for a single sphere of refractive index 1.33, and for a range of values of
the size parameter x varying from 0.1 to 35 in steps of 0.1. Figure 3.1
shows the highly oscillatory nature of the curve. For small values of x,
PA(w,r) approaches 1.5, the molecular phase function for backscatter.

Mie's theory describing scattering from a single sphere has since
been extended to cover the case of a sphere surrounded by a concentric
spherical shell of different refractive index (Aden & Kerker, 1951). It
is well established that the scattering properties of atmospheric aerosols
are dependent on the relative humidity, and the above theory has obvious
applications. Witt (1968) has used scattering theory for a concentric
spherical shell to describe optical properties of noctilucent clouds,
under the agsumption that the particles consist of nuclel surrounded by

a shell of ice.

3.5 Some Computational Results Using Mie's Theory

Several aspects of the nature of aerosols in the atmosphere
have been discussed in Chapter 1. The wide variety of aerosol types and
shapes in the atmosphere limits the usefulness of Mie scattering theory.
Nevertheless, these calculations can be invalusble to an understanding of

many optical properties of natural aerosols.
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Attempts have been made to investigate the validity of the use
of Mie's theory to predict the scattering from randomly aligned, irregu-
larly shaped, polydisperse particles as existing in the atmosphere. One
approach (e.g., Greenberg et al, 1961; Napper and Ottewill, 1963) is to
measure scattering from single, non-spherical particles of known size and
shape, and compare the results with calculations for spheres. The size
of the non-spherical particle is usually based on some combination of
geometrical parameters such as volume and largest dimension. The results
of these comparisons show that it is impossible to predict the scattering
characteristies of non-spheres on the basis of a linear relationship
between their corresponding geometrical properties.

The method adopted by Powell et al (1967) was to measure the
scattering from ensembles containing randomly oriented, polydisperse
particles. The results were compared with Mie calculations for spheres
on the basis that irregularities in the scattering properties for the
ensemble of polydisperse, irregularly shaped particles would tend to
average out, and that a certain ensemble of spheres with a given size
distribution would exhibit the same characteristics. The equivalent
size distribution of the irregularly shaped particles is deduced by
taking the largest projected dimension as being characteristic of the
particle. Powell et al (1967) measured the intensity and polarisation
of light scattered by ensembles of magnesium oxide cubes and zinc oxide
"fourlings", and found that polydisperse cubes scatter exactly like
spheres. On the other hand, they found it difficult to predict con-

sistently the scattering characteristics of ensembles containing
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particles with small volume-to-longest dimensiorn ratics such as the
fourlings.

Many of the stratospheric particles collected by Junge and
Manson (1961) and Mossop (1965), and a large proportion of the tropo-
spheric aerosols (Heard and Wiffen, 1969) appear to be moist spheroids.
Many others would at least fall into the cube category discussed above.
The volatile stratospheric aerosols detected by Rosen (1969(a)) would
very likely be spherical in shape. It is therefore reasonable to
expect that the Mie theory is capable of predicting optical scattering
properties of the natural aerosol.

The averaged aerosol backscattering function E—T;S- is found

A

by integration of ;A(n,r) over the range of particle sizes. If aN(r)

is the number of particles having radii between r and r + dr, then

¥y
ZA(n,r)dN(r)/ [ aN(r) (3.27)
Ty

where r) and rp; are the limits of particle sizes. A similar expression

holds for the averaged total scattering cross-section EA' PA(W), the
normalised phase function averaged with respect to the size distribution,

is then calculated using an expression similar to equation 3.21 thus;

PA(n) = hnz-AZWS/oAZrS (3.28)

Table 3.1 lists results of calculations of ZA(W) and PA(W)
for several size distributions and refractive indices approximating, as

nearly as possible, measured aerosol characteristics. The wavelength of
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the incident radiation is 0.6943 microns. The refractive index value of
1.33 corresponds to that of pure water droplets, and 1.50 approximates the
refractive index of ammonium sulphate and sodium chloride aeroscls. As the
hygroscopic particlies take up water with increasing relative humidity, the
observed refractive index will vary between the two limits. The value of
the exponent v of the Junge distribution varies from 2 to L. The log-
normal size distribution is described by equation 1.4 with a standard
deviation of 0.3 (using natural logarithms) and a mean radius of 0.35 u
(Dave and Mateer, 1968). Rosen's exponential size distribution is defined
in equation 1.5. The upper limit of particle radii has been arbitrarily

set at 3.0 microns. Although aercsols having radii greater than 3.0 microns
are known to exist, their effect on the averaged backscattering cross-
section and averaged phase function are very small for the size distributions
assumed here. Increasing the upper radius limit of the Junge distribution
to 10 microns, for example, increases the backscattering cross-section by 1%
to 10%, depending on the value of v. The backscattering cross-section for
an ensemble of spheres having the lognormal or exponential size distribution
is hardly affected if either the upper or the lower radius limits are exten-
ded. For example, an extension of the integration range of the lognormal
distribution to limits of 0.0l and 8.0 microns only increases Ezf;j-by

approximately 0.03%.



TABLE 3.1

Reiigziive Size Distribution !Ra?;girgizits °A e o : Falr)
| (m?) | (m? sterad )ll normalised

| v=2 6.7 x 107" | 1.82 x 100 | 0.339

Junge v = 3 ] 6.56 x 10717  1.22 x 10716 | 0.234
1.33 I v=1_ - -0k - 3.0 9.73 x 1071 :2.h7 x 10717 i 0.319 }
lognormal : | 1.17 x 10°12 él.02 x 10'lll f 0.110 ?

| v =2 ' T.22 x 10'lh §2.36 x 10717 0.410

Junge v = 3 [ 0k - 3.0 7.87 x 107 | 1.82 x 10’16 ' 0.290

| v =1, ‘ 1.30 x 10717 | 3.69 x 1077 0.356

lognormal 1.43 x 10772 | 1.81 « 1o'1h 0.159

1.40 I v =2 | | 2.88 x 10‘13 9.38 x 10717 0.409

p V=3 .08-3.0 6.2 1077 1,38 x 107 | 0.278

T | ' 1.96 x 107 | 460 x 10710 0.295

‘ v =3 .01 - 3.0 |[1.23 x 10710 | .86 x 10728 0.291

Rosen's exponential " I 1.12 x 1072 | 2.61 x 1o'lh , 0.29L4

| % u=a 2 r T.79 x 10'1” b0 < 107 § 0.709

Junge v = 3 .0k = 3.0 9.6Lh x 107 | 3.68 x 10'16 ! 0.478

1.50 | v =1 ; 1.81 x 10717 |6.31 x 10717 | 0.Lko

lognormal | 1.63 x 1002 (401 x 107 | 0324

Junge v = 4 ! .30 - 3.0 1.92 x 10712 6.35 x 10‘lh | 0.k15
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On the other hand, an extension of the lower radius limit of
the Junge distribution can have a significant effect on the backscatter—
ing cross—-section. The effect of altering the lower cut-off limit from
0.04 to 0.01 microns is shown in the 1.40 refractive index group of
Table 3.1. The averaged backscattering .ross-section is decreased by
more than an order of magnitude. The importance of this result may be
judged by the fact that up to the present time, little is known of the
characteristics of the size distribution in this particular size region.
This is because the size region is gt the limits of sensitivity of the
two types of instrument used to detect aerosols; the cloud chamber and
the impactor. The reascn for the importance of the very small particles
in Junge type distributions is clearly demonstrated in Figure 3.2,
which shows the backscattering cross—section of a spherical particle of
refractive index 1.33 as a function of its radius, computed on the basis
of Mie's theory described in the previous section. Relative values of a
Junge type size distribution with exponent v=3, which approximates the
size distribution of tropostheric aerosols, are also included. It can be
seen that although a given particle becomes "optically inefficient"” as
its size parameter x is made smalier than asbout 3, tropospheric aerosols
of small size are significant because of their overwhelming numbers. On
the other hand, later considerations show that the concentration of
Aitken nuclei relative to the large particles is very much less in the
stratosphere than in the tropcsphere. Consequently, the optical effects

of stratospheric Aitken nuclel may be neglected.
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The effect of coagulation of the smaller aerosols has already
been discussed in Chapter 1. It has been shown that the lower cut—off
radius could vary from less than 0.01 misrcn to about 0.08 microns,
depending on how far removed the region considered is from the source
of Aitken nuclei. It is apparent that significant fluctuations could
be observed in the backscattering cross-section due to effects of the
lower cut-off radius.

The phase function for backscatter appears to be more stable
to changes in the upper and lower radius limits of the size distribu-
tion. In the instance of changing the lower limi% from .04 to .01
microns discussed gbove, the backscattering phase function changes by
less than 1%.

Other interesting features of the phase function for back-

scatter are demonstrated in Figure 3.3, which shows the variation of

PA(n) with the exponent v of the Junge distribution and for three

di fferent values of refractive index. For comparison, the result of

a calculation by Deirmendjian (1965), and measurements of phase functions
by Reeger and Siedentopf (1946), and Barteneva (1960), are included.

The latter values were originally in the form of the phase function for
the actual atmosphere consisting of aercsols and the molecular component.

The aerosol component of the phase function P, (m) was separated from the

A

overall phase function P(w) by using the following relation (Deirmendjian,

1965).
BRPR(n) + BMPM(-n)

(3.29)
BR * BM

P(TT) =
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FIGURE 3.3 Veriation of the phase function for backscatter averaged
over a Junge size distribution with exponent-v and cut-
off radii of .04 and )/J. Refractive indices zs marked.
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The wvalue for BR at ground level was taken from Elterman's (1968)
tables, for a wavelength of 0.55 microns.

It is apparent from Figure 3.3 that water plays a signifi-
cant role in affecting the optical characteristics of atmospheric
aerosols, at least in the lower atmosphere where measurements have
been taken. More than half the experimental values of ?Xz;jiare
less than 0.3, and centred about the values for pure water. There
appears to be g definite relationship between Barteneva's phase
functions for backscatter and the meteorological visual range V (km),
defined as the limiting horizontal distance for which the contrast

of a black object becomes equal to 0.02., It can be shown (Middleton,

1958) that provided the atmosphere is horizontally homogeneous,
V = 3.912/8 (3.30)

implying that the phase functions for vackscatier measured by Barteneva
(1960) are dependent on the value of the total scattering coefficient 8.
It is also obvious from a comparison of Barteneva's (1960)

experimental results and the theoretical values of §;T?7hpresented in
Figure 3.3 that as the visibility V decreases, the value of the back-
scattering phase function decreases towards the value for pure water.
Barteneva (1960) found that the form of the scattering function depends,
to a certain extent, on the relative humidity. Junge (1963) has shown
theoretically how hygroscopic particles grow with increasing relative

humidity. Garland (1969) has computed a theoretical relationship
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between B and relative humidity, and Horvath and Noll {(1969) have

detected such an effect in experimental cbservations. The results

in Figure 3.3 alsc indicate that exceptiocnally high visibilities

(v 100 km) are attained only when the aimosphere is relatively dry.
In Figure 3.4, the tabulated values of f;f;j.fOr the

Junge size distribution are shown as functions of the refractive

index and exponent v. In general, a decrease in refractive index

leads to a decrease in ZA(W)= A reduction in the value of refractive
index from that of a so0lid to that of pure water decreases the
averaged backscattering cross-section by a factor of about 2. A
decrease in the exponent by =z numerical value of one leads to gbout
an order of magnitude increase in the averaged backscattering cross-
section. This result has obvicus implications. Near the coast as at
Adelaide, South Australia, a change in the direction of the wind can
lead to a change in the source of aerosols, from continental (v ﬁ3)
on the one hand to maritime (v = 2) on the other.

In order to gain a further insight into the nature of the
aerosol size distribution in the stratosphere, calculations were made
of the scattering coefficient, based on Mie cross-sections SA and
measured number densities. As moisture appears to be a major com-
ponent of the stratospheric aerocsol, EA values calculated on the basis
of a refractive index of 1.40 are used. The theoretical values of the

aerosol scattering coefficient BA were calculated according to the

relation
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B, = No . (3.31)

The results of the calculations are shown in Figure 3.5.
Each curve corresponds to a given size distribution mcdel assumed in the

calculations, and can be identified in Table 3.2.

TABLE 3.2

Curve Size Distribution Mudel
1 Junge power law, v = L4, ry = .04 &
2 g moon iy =3, "
3 " moom oy =, oW
é & " " ", v =3, ry = .08 g
" " " ", v =25, = 0.1
| s d mom = b = 08y
l 6 Exponential (Rosen, 1969(a)) & iognormai (Dave & Mateer, 1968)
L__7 Junge power law, v = 0.5, r; = 0.1 &

On the vertical axis of Figure 3.5 are the results of several
optical measurements of the peak aerosol scattering coefficient in the
stratosphere, and on the horizontal axis, peak aerosol number densities
in the stratosphere measured by various workers are included. In the
following discussion, & particular size distribution is chosen so that
the scattering coefficlient and number density measurements are com—
patible with the theoretical relationship in equation 3.31.

In earlier sections it has been noted that in the case of
Junge distributions which extend significantiy intc the Aitken size

range, the Aitken nuclei determine the optical scattering properties
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FIGURE 3.5 Veriation of aerosol scattering coefficient (A= .55u) with
number density for different size distribution models .
Refractive index cof 1.4 assumed .
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of the aerosols due to their overwhelming numbers. The results of the
present calculations for these distributions are shown as curves 1 to
3 in Figure 3.5, and it is evident that all are incompatible with the
optical observations. This is not unexpected because stratospheric
optical scattering measurements do not show the same rate of change
with height as the Aitken nuclei variation. The variations with
height of optical scattering observations in the stratosphere are

more consistent with the distribution of large particies, which shows
a broad maximum in the lower stratosphere.

Size distributions favouring the large particles are shown
as curves 4 to 7 in Figure 3.5. It is clear that large particle
nunber densities measured by the impactor technigue (Junge et al,
1961; Mossop, 1965; Friend, 1966) are unsble to account for the
observed scattering coefficients, whereas the observations of Rosen
(196k, 1968, 1969(a)) using an optical particle counter are consistent
with the optical measurements. As explained in Chapter 1, the principal
di fference between the two types of measurement is that whereas the
collector type of experiment will only measure the non-volatile com-
ponent of the aerosols efficiently, the in situ optical method includes
condensed vapour. Curves 4 and 5 are representative of Junge size
distributions with lower cut-off radii near 0.1 u and exponents v of
2.5 and 2.0 respectively. The former size distribution was proposed
by Newkirk and Eddy (196&) as a result of solar aureole measurements,
and later supported by the laser radar measurements of Pilipowskyj et

al (1968). The size distribution giving rise to curve 5 is consistent
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with the measurements of Chagnon and Junge (1961). Figure 3.5 shows,
however, that curves L and 5 only result in agreement between extreme
values of measured aerosol quantities, as the highest number densities
measured at mid-latitudes by Rosen (1968) give rise to lowest values
of observed aerosol scattering coefficients.

On the other hand, curve 7, which was deduced using Rosen's
(1968) earlier size distribution functions, gives rise to scattering
coefficients larger than the measured values. Figure 3.5 shows that the
exponential size distribution function and the lognormal distribution
(both corresponding to curve 6) are in good agreement with observed
aerosol properties. These functions are shown in detail in Figure
3.6. Both have been normalised at their maximum values.

Of importance to cptical measurements in the stratosphere is
the wavelength dependence of the aerosol scattering coefficient. The
total scattering cross-section, EA’ was accordingly calculated for a
range of wavelengths, and for the lognormal and exponential size distri-
butions. It was found that the cross-sections, and hence scattering
coefficients,calculated using both size distributions are nearly inde-

pendent of wavelength, at least in the visible region of the spectrum.
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CHAPTER FOUR

DATA REDUCTION

Scattering profiles up to 10 km can be readily obtained using the
analogue recording method with as few as L4 or 5 laser firings. The
backscattered signal from above approximately 10 km is so wesk for the
present lidar equipment that significant fluctuations in the mean photo-
multiplier anode current are observed. These fluctuations are caused
by the arrival of discrete light photons, and under such conditions, it
is necessary to revert to pulse counting techniques.

In the following sections, a description is given of the steps
taken to correct and overlap the lidar data in order toc produce a
composite scattering index profile. An approximate method of separating
the aerosol and molecular component of the backscattering coefficient
will also be discussed.

L.1 Pulse Counting System

4.1.1 Resolving Time Corrections

In Chapter 2 the results of an experiment to determine
the linearity of the 10-channel pulse counter were presented. It
was shown thet even at relatively low count rates the cbserved
count became less than the true count due to the finite rescliving
time of each counter. The departure from linearity of the counting

system is shown as a function of count rate in Figure 2.7, together
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with theoretical curves based c¢n equation 2.1. The theoretical
curve described by equation 2.1 with t =55 nsec is used to correct
the count recorded in each channel.

For observations up to 20 km altitude, the scattered
light is attenuated in order to reduce the maximum observed count
rate to less than 3 MHz. The correction made to the observed
count in any channel is then never greater than 20%. At this count
rate, an error of 10% in the estimation of the resolving time of
the counter system would give rise to an uncertainty of 3% in the
correction applied.

Although the actual count rate varies during the time
that a channel is open, it can be shown that the error introduced
by correcting the average count rate is never greater than 1%.

4.1.2 Background Corrections

The background noise is composed principally of
three components; '"dark" counts from the photomultiplier, sky
background radiation, and a contribution due to multiple scattering.
Dark pulses emanate from the photomultiplier even in complete
darkness due to thermal emission, and can be reduced by cooling
the photomultiplier. In the equipment described here, a Peltier
cell is used to lower the temperature of the photomultiplier to
- lSOC, and the resulting "dark" count is 120 sec T

Radiation from the night sky background in the absence
of terrestrial sources is comprised of airglow components, and to a

lesser extent, starlight and zodiacal light. The count rate due to
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the sky background radiation depends on the width of the interference
filter used in the detector system. In the present apparatus, the
width of the interference filter is 8 i, and the sky background

signal in the absence of moonlight and interference from city lights
can be as low as 60 sec—l. At the Adelaide observing site in the
centre of the city the sky background contribution has a minimum value
of about 130 sec_l, In the presence of moonlight there is s rise in
the background count, the magnitude of which is dependent on the
haziness of the lower atmosphere.

The third factor of importance to the background noise
count is the contribution due to multiple scattering of the main laser
pulse into the field of view of the receiver. The effect of multiply
scattered 1light was estimated by delibersately misaligning transmitter
and receiver beams, and firing the laser. The multiple scattering
contribution appeared to decrease with time at a similar rate to the
primary scattered light. In Table L.1 the multiple scattering contri-
bution is compared with typical signal counts and photomultiplier plus
sky background noise for various channel heights. The multiply

scattered contribution has been extrapolated above 30 km.
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TABLE 4.1
Units: Counts,km Channel Width/100 Shots
. Multiply Scattered Photomullpl%er Normal Signal
Height (km)| "/o 0% (Filtereq) | F1us Sky Noise (Filtered)
& {(Filtered)
10 2 x 101 1.7 x 10°° 2.5 % 103
20 1.3 x 10! 1.6 x 103
30 1.3 x 100 1.6 x 102
Lo 1.5 x 10°% 1.8 x 10!
50 5.7 x 1072 3.2 x 100
-3 -1 -1
60 k.7 x 10 1.7 x 10 5.6 x 10

It can be seen that multiply scattered light dominates the total

background count for altitudes less than 30 km, but becomes

insignificant compared with photomultiplier plus sky background

noise for altitudes above 50 km.

Nevertheless, the total noise

count is much less than the signal count from sltitudes less than

60 km, and the maximum height 1imit of the present equipment is

determined by statistical errors due to insufficient signal counts

in each channel.

4.,1.3 Statistical Errors

Statistical errors in the recorded photon counts can be

estimated using Poisson statistics for random events. It

can be

shown that the fractional error e corresponding to one standard

deviation in counting N photons is given by the equation
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where m is the average number of noise counts expected. Inspection
of Table 4.1 shows that below 50 km m is insignificant compared with
N. Above 50 km, m is almost entirely due to photomultiplier dark
counts and sky background noise, and hence can be accurately measured
by averaging over a large time interval, usually about 10 sec.

4.1.4 Count Rate Corrections

The count recorded in a given channel is the integral
of received photons over a particular height range. Data of this
nature would normally be plotted as a histogram, but it was con~
sidered that a continuous curve would be more representative of the
actual atmosphere.

In order to present the data in continuous form it is
necessary to correct the count in each channel for the non-linear
variation with time of the count rate during the time that the
particular channel is open. Alternatively an equivalent height for
each channel could be calculated, but this method leads to un-
wieldy height values for the counter channels. As the count rate
can vary significantly from one sounding to another, it has been
found necessary to calculate the count rate from the data to be
corrected.

The method of correcting the data is as follows. It is
assumed that the variations in the total counts in the successive
channels give an approximate measure of the relative variation of
count rate in each channel. In practice, the counts from the
channel to be corrected and from the two nearest channels, together

with the heights corresponding to the midpoints of the channels,
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are used to define a guadratic of the form
y1 = sh? + bh + ¢ (L.2)

According to the assumption outlined above, the count rate in

the channel to be corrected is of the form
¥y, = ah? + bh + c, {4.3)

The basic assumption, and hence equation (4.3) is valid provided
the slope of the count rate changes monatonically over a single
channel. The total count C in the channel is then given by
hy
C = J vy dh (4.k)
hy

where h; and hy are, respectively, the lower and upper altitude
limits of the channel. Thus the constant c, is uniquely defined,
and equation (4.3.) can be used to calculate the actual count rate
at the midpoint of the channel.

The above method is used to correct photon counts from
heights less than 30 km, where the channel width is normally 1 km.
At greater heights, statistical errors become increasingly signifi-
cant, and give rise to erronicus values of count rate. The data are
therefore corrected on the basis of a theoretical molecular atmos-—
phere, In this case, the count in a given channel is assumed to be
proportional to {exp (- h/H)}/h?, where H = H(h) is the density scale

height of the molecular atmosphere at height h. For altitudes greater
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than 35 km, the density scale height H is derived from the U.S.

Standard Atmosphere (1962), and values are reproduced in Table

i, o,
TABLE 4.2
Height (km) Scale Height (km) Source of Data
22,5 5.085 * A
26.5 5.666 % Calculated from data
30.5 5.666 %
34.5 6.204 * Interpolated
38.5 , 6.7h1
42.5 ; 7.052 T
46.5 ' 7.365 | U.S. Standard Atmosphere, 1962
50.5 8.0L9
54.5 8.h3p
58.5 8.191

¥ Typical values
yp

In the vicinity of 30 km an effective scattering scale height is
calculated from the data, since the presence of aerosols can affect
the count rate. In the region between 30 and 35 km, the effective
scale height is interpolated.

4.1.5 Qverlapping of the Data

In sounding of the atmosphere using the pulse counting
technique a problem peculiar to the particular equipment has arisen.
Using ten counter channels it is necessary to overlap several groups
of soundings in order to cover a useful height range with a suffi-

ciently small height resolution. Several combinations of counter
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delay and width settings have been tried, and the optimum configura-
tion is listed in Table 4.3. The region from 8 to 30 km is covered
in three groups of soundings, and the height range 20 - 60 km is

covered in one sounding using a channel width of 4 km.

TABLE 4.3

Height Range (km)

(Centre of Channel) Delay (km) Width (km)

9 - 1k * 8.5 1
13 - 22 12.5 1
21 - 30 20.5 1
22 - 58 20.5 L

# Terminated at 6th Channel

The number of laser firings is determined by the
accuracy required, and in the present work, the accuracy corres-
ponding to one standard devigtion of the count in the last and
least accurate channel is usually set at 5%. A total of at
least 400 counts in the last channel is thus normally obtained.
However, inspection of Table 4.1 shows that a prohibitively
large number of laser firings would be necessary to achieve an
accuracy of 5% at 58 km. In practice, the counts observed with
a delay of 20.5 km and a 4 km channel width are normally inte-
grated over 500 firings, for which the accuracy in the last channel

is about 35%. These errors are considersbly reduced when the results
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of soundings over several nights are added to give monthly mean
profiles.

L.2 Analogue Recording System

A scattering profile up to about 10 km is obtained from 4 or S
laser firings using the analogue recording apparatus. As remarked in
Chapter 2, some characteristics of optically dense aerosol layers in the
first 2 or 3 km of the atmosphere can be investigated in real time with-
out any subsequent processing, as these layers are easily identified on
the A-scan trace,

In addition to visual inspection, the data are processed so that
backscattering coefficients can be derived. The traces recorded Qn
Poleroid film sre digitised, and the results from all the photographs,
representing different height intervals, are overlapped.

The sky background contribution is automatically determined
during the experiment by causing the oscilloscope to sweep without firing
the laser. During the day, noise due to the sky background determines the
upper altitude 1limit of observations. For small solar zenith angles of about
300, observations are limited to heights below 4 to 5 km. As the sun
approaches the horizon, the sky background contribution becomes insignificant,
and observations are limited to 10 km by fluctuations in the signal due to
individual photons.

4.3 Processing Common to Both Recording Systems

The total profile of relative signel derived from both analogue
and digital systems is finally converted to values of scattering index,

I(h) (see Chapter 3).
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4.3.1 Normalising the Lidar Results

In Chapter 3 it was shown that it is necessafy to
compare lidar values of scattering index I(h) with theoretical
values for a molecular atmosphere in order to deduce quantita-
tive information about the scatterers. A departure of the ex-
perimental values from the theoretical is interpreted as indicating
the presence of serosols.

The theoretical curve for molecular scattering is
fitted to the experimental curve at a height, hcal, where it is
considered that the aerosol contribution is negligible., Exami-
nation of the literature to date on the variation of serosol
scattering with height reveals two contresting groups of experi-
mental results. On the one hand, analyses of horizon photographs
teken by astronauts (Rozenberg, 1966a)and results of searchlight
probing (Rozenberg, 1960; Elterman et al, 1969) indicate that
scattering by aerosols is significant compared with molecular
scettering up to heights of at least 35 km. 1In particular, the
recently published results of Elterman et al (1969) show a mini-
mum tropospheric turbidity of 0.5 at 5 km, and & similar turbidity
at 35 km.

On the other hand lidar scattering index values of Kent
et al (1967) decrease at the same rate as the pure molecular atmos-
phere over the height range from 30 to 70 km, suggesting that the

atrosphere is essentially purely molecular over this height range.
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However, the same rate of change of scattering index would result
if the aerosol turbidity remained constant with height. Never-
theless the major proportion of the stratospheric aerosol would
be expected to decrease with height above the 30 km region, as
they appear to criginate from the lower stratosphere (Rosen,
1969(c)). Thus the background turbidity contribution, indicetive
of e source above the lower stratosphere, is considered negl;-
gible, at least within the accuracy of present laser radar experi-
ments.

In addition, asirborne measurements of solar radiation
(Kondratiev et al, 1967) showed & minimum in serosol scattering at
12 km, where the turbidity was less than 0.1. A pesk turbidity
of 2 was observed at 17 km. It is of interest to note that the
vertical profile of aerosol scattering deduced by the solar radia-
tlon meesurements is in agreement with the number density profiles
observed by Rosen (196L, 1968) using a balloon-borne photoelectric
perticle counter. The number density measured by Rosen increased
by en order of magnitude between 10 and 20 km? and decreased by the
same factor between 20 and 30 km. If the avereged scattering cross-
section of the particles remains the same throughout the height
interval 10 - 20 km, then according te the relation in equation 3.31
it follows thaet the aerosol scattering coefficient varies by an

order of magnitude.
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The minimum aerosocl scattering coefficient in the
vicinity ¢f 10 to 12 km is not inconsistent with the concept that the
majority of aerosols in the stratosphere and troposphere sppear to
criginate from different sources. It is therefore not unreasonable
to expect a significant difference in aercsol scattering between the
upper troposphere and the lower stratosphere. Aireraft measurements
(Cadie et al, 1969) support this view.

It appears from the sbove discussion that the first group
of experimental results, which include those of Eltermsn et al (1969),
do not represent the normal atmosphere. Two further points emerge
from the considerations above. A minimum in aerosol scattering is
tc be expected in the region of 10 km, and above 30 km the atmosphere
is predominantly molecular.

In normalising experimental scattering data, many workers
have employed density values from standard atmospheres. However,
data published in the U.S. Standard Atmosphere Supplements (1966) show
significant latitudinal and seasonal departures of density values
from the U.S. Standard Atmosphere (1962). In the height region of
interest to the present work, and at 30° latitude, the maximum
departure occurs at a height of 15 km, where the density departure

varies from + 7% in winter to + 16% in summer.
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In the present investigations, therefore, the results
of daily radiosonde flights conducted by the Commonwealth Bureau of
Meteorology at Adelaide are used to compute the moliecular contribu—
tion to the scattering index. Unfortunately, the maximum height
reached by most flipghts rarely exceeds about 32 km, -and is often
less. Hence a much lower height for normalisation of the lidar
results was sought.

The existence of a minimum in aerosol scattering in the
region of 10 km has already been discussed, and in the present work
the 10 km level is chosen as the height of normalisation.

In addition to the theoretical scattering index curve
based on radiosonde data, a second theoretical curve using density
values from the U.S. Standard Atmosphere (1962) is calculated and
fitted to the radiosonde values. Cn most occasions the two theo-
retical curves tend to overlap at approximately 30 km, although
occasional differences of up to 5% have been observed.

It has been found necessary to use the date from the
2300 hrs G.M.T. local radiosonde flight in calculating the molecular
values of scattering index. Whereas the 1100 hrs flight ascends to
about 18 km, the flight at 2300 hrs normally reaches altitudes
between 26 and 32 km. According to the U.S. Standard Atmosphere
Supplements (1966), diurnal density variations between 3 and 30 km
smount to less than 2%, so that the lidar and radiosonde observations

can be made several hours apart without introducing serious errors.
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4.3.2 Corrections for Transmission

In solving the lidar equation 3.5 , discussed more
fully in Chapter 3, the transmission term is calculated from the
lidar results as it is dependent on the measured values of
BA(w,h).

Combining equations 3.5 and 3.6,

P,(m)8,(n) + Pp(m)8e(h)

C(h) = 3~ {T(0 - heal)}?{T(ncal - h)}2 "
(4.5)
An approximate determination of the transmission

correction term {T(hcal - h)}? can be made by ignoring the trans-
mission contribution from the height region h to h - Ah, where Ah
corresponds to the step in height between data points. Starting
et the calibration height hcal, where the scattering ratio R(h) as
defined in Section 3.3 is unity, the height h is successively
increased by one value of Ah. At each stage, the spproximate value
of T(hcal - h), which is merely the transmission T(hcal - h) derived
from the previous step (since hy = h - Ah), is inserted in equation
L.5. The calculated value of BA(h) is then used, together with appro-
priate values of BR(h) and Bo(h), to compute the transmission T(Ah)

over Ah. Then

T(hcal - h) = T(hcal - hy)T(Ah) (4k.6)

which is finally used in equation 3.8 to produce values of scattering

index I(h).
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Deirmendjian's (1965) value of 0.25 has been adopted
for the value of PA(N) used in eguation 4.5, The molecular
scattering coefficient BR(h) is calculated according to equation
3.11, using radiosonde data to obtain the molecular number density
NR(h). The aerosol and molecular scattering coefficients are
averaged over the height interval Ah for simplicity., The absorption

coefficient Bo(h) due to ozone is averaged over Ah, and calculated

on the basis of Elterman's (1968) method;

so(h) = Av(x)Dg(h) (L.7)

where AV is the Vigroux ozone absorption coefficient, and equels
2.48 x 1072 en™? at the ruby laser wavelength. Dj3(h) is the ozone
equivalent thickness (em km-l), values of which are tabulated
(Elterman, 1968),

4.4 Computations

All stages of the data reduction are performed with the
University of Adelaide's CDC 6400 computer. Scattering indices I(h) snd
ratios R(h) are automatically plotted, together with error bars corres-
ponding to one standard deviation of the counts recorded. Temperature and
humidity values obtained from radiosonde flights conducted at nearby

Adelaide Airport are alsp plotted.
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CHAPTER FIVE

STRATOSPHERIC OBSERVATIONS

Routine lidar soundings of the stratosphere began in April, 1969,
end continued each evening when conditions were suiteble until May, 1970.
Thus the results presented here represent over one year's observations.
Originally, the observations were carried out at the field station of the
Mawson Institute for Antarctic Research, at Mt. Torrens (lat. 3508, long.
138°W). The field station is sbout 48 km from Adelaide, and sufficiently
removed from artificial sources of light to ensure a minimal background
interference. The altitude of the site (583 m) is an important factor in
redqucing losses in signal intensity due to atmospheric attenuation, which
is most significant in the lowest layers of the atmosphere.

Experience showed, however, that the Mt. Torrens site is prone to the
formation of mists and fogs, which frequently develop when the air trajec-
tory over the hills area is of maritime origin. The number of observations
was therefore severely limited at Mt. Torrens. During the months of
September and October, 1969, the lidar equipment was removed from the Mt.
Torrens site and installed in a mobile instrumentation van (see frontis-
piece) on loan from the Department of Supply, Commonwealth of Austrelisa,
and consecuently no records are availasble for these months. The mobility
of the van will be of benefit for the investigation of spetisl differences
in aserosol concentrations, and for the comparison of results with those of

other more immcblle experiments.
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At the present time the van is located in the grounds of Adelaide
University and near the centre of the city. Measurements have shown the
attenuation of the received signal to be 20% greater than at Mt. Torrens.
In addition, the increase in sky background by a factor of two results
in a net increase in the total noise signal by about 35%. However, as
discussed in Chapter L4, the largest source of noise interference is of
thermal origin in the photomultiplier. Thus operation of the laser
redar at the Adelaide site has not seriously degraded its performance.

In Figure 5.1, experimentelly derived values of the scattering
index I(h), defined in Chapter 3, are plotted as a function of height
over the range 3 - 60 km: the graph is the mean of some L9 profiles
taken over the period April, 1969 to March 1970. Included for comparison
in Figure 5.1 are curves representing values of I(h) calculated for the
case of pure molecular scattering. The continuocus curve represents the
average of local radiosonde measurements taken on the same days as the
laser observations, and the laser results are normalized to the calculated
curve at a height of 10 km. The broken curve is calculated on the basis
of density values from the U.S. Standard Atmosphere (1962), and is fitted
to the radiosonde ~urve. It is of interest to note that the two molecular
curves become nearly identical at 30 km, and hence densities from the U.S.
Standard Atmosphere (1962) in the region immediately above 30 km appear
satisfactory for the prediction of average molecular scattering profiles

at 3508.
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The experimental values of I(h) are in close agreement with the
curves calculated for pure molecular scattering, except in the 13-2k km
region, where the experimental values are greater than the theoretical.
The departure 1s interpreted as indicating the presence of aerosols, and
the height corresponds to the well known stratospheric aerosol layer. The
deviations from molecular scattering become more apparent when the ratio
R(h) of experimentally observed to calculated molecular scattering is
plotted as shown in Figure 5.2.

For the purposes of discussing the results, it is convenient to
divide the observed height region into the 10 - 30 km interval, in which
the stratospheric aerosol layer is found, and the 30 - 60 km region, which
appears to be predominantly molecular. A discussion of the results
follows.

5.1 10 - 30 km Region. General Characteristics

During the process of automatic computation, the experimental
values of scattering index I(h) obtained on individual experiments are
normalised to theoretical values calculated for a pure molecular atmos-
phere at 10 km, based on data obtained on local radiosonde flights. It
has been found, however, that fluctuations in the signals received in
individual experiments can lead to values of scattering ratios less than
unity. These fluctuations are partly statistical in nature, while on
scme occasions they appear to be due to real variations in the aerosol
contribution at the normalising height. These records have subsequently

been renormalised in the 8 to 12 km altitude region. It is of interest
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to note that the mean of the scattering ratios measured in 1969 and 1970,
shown in Figure 5.2, returns to unity at 10 and 30 km, indicating
that on the average, there are equal proportions of aerocsol scattering at
these heights. On the basis of the evidence presented in the previous
chapter, it is concluded that within the experimental error, and uandsr
average conditions, the optical turbidity is negligible in the 10 and 30 km
regions,

In Figure 5.3, the average scattering ratio profile is compared
with results obtained by workers in the northern hemisphere (Clemesha
et al, 1966; Grams and Fiocco, 1967; Goyer and Watson, 1968). It can
be seen that the shape of the profile obtained in the present work is
similar in general character to the profiles obtained in the northern
hemisphere, but the magnitudes of the scattering ratios measured in
South Australia are significantly less than the northern hemisphere
results. The maximum turbidities observed in the present work are less
than one half of the corresponding values in the northern hemisphere.
Assuming that the aerosol backscattering cross-sections in the two hemi-
spheres are similar, the above result implies that the aerosol number
densities measured at 3508 are less than one half of the concentratiocns
measured in the northern hemisphere.

At the present time it is difficult to ascertain whether the
observed differences are due to purely hemispherical variations, or to
the differing times and latitudes of the compared results. The effect
of the Bali eruption in 1963 complicates the comparison of aerosol

measurements widely separated in time, as enhanced aerosol concentrations
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in the stratosphere have been noticed for more than three years after

the event. The decrease in stratospheric aerosol content at MSON measured
by Rosen (1969(a)) since the Bali eruption is shown in Figure 1.7. The
general decreasing trend is still evident in 1966, and a marked seasonal
fluctuation is superimposed. Thus, the simultaneous observations of at
least one year's duration and at similar latitudes are necessary to
resolve the uncertainty.

A number density profile calculated on the basis of the mean
laser results and using equation 3.13 is shown in Figure 5.4(a). The
eerosol backscattering cross-section EXTFT used in the calculation has

1k

the value of 2.616 x 107 m? sterad-l, and corresponds to the exponential

gize distribution model discussed in Chepter 3. The peak aerosol number
density in the stretosphere according to the exponential model is 0.7 cmf3.
Included for comparison in Figure 5.4(a) are the results of Rosen

(1969(a)) measured in 1968. It can be seen that the present number den-
sities are approximately one third of Rosen's, and are sufficiently close
to substantiate the exponential size distribution used in the calculations.
On the other hand, the concentrations measured by Chagnon and Junge {1961)
are about one order of magnitude less than the optical results, con-
firming the presence of a significant volatile aerosol component which is
not detected by impactor techniques. Curve 4 in Figure 5.4(a) represents
a constant mixing ratio, and is proportional to the molecular number

density. It can be seen that all profiles fall off with height more

rapidly than the slope of constant mixing ratio, indicating that the
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source of the stratospheric aerosol layer lies in the lower stratosphere.

In Figure 5.4(b), aerosol attenuation coefficients, caiculated
using equation 3.12 and a value of ?Xrﬁybased onte ebovedistribution
model, are shown as a function of height, and are compared with attenua-
tion coefficients obtained by other workers. The present results are
in closer agreement with those of Kondratiev et al (1967), which show a
marked minimum at about 12 km, than with the results of Elterman et sl
(1969), which suggest an almost constant aerosol attenuation coefficient
from 5 km to about 18 km altitude.

Assuming the volatile component of stratospheric aerosols to
be composad of water droplets, one can estimate the effect of the strato-
spheric aerosol population on the humidity in the stratosphere. It is
now well-established (Mastenbrook, 1968) that the stratosphere is
exceptionally dry, compared with the humidities measured in the upper
troposphere. Water vapour measurements in the lower stratosphere
commonly yield mixing ratios with respect to the dry air of dbout 10~
gm/gm. It is conceivable that at the low temperatures in the stratosphere,
water vapour could condense on the Aitken nuclei already present. More-
over, in the process, the relative humidity of the vapour phase could be
significantly reduced. An order of magnitude estimate of the upper limit
of such an effect can be made using cptical aercsol data. It is
assumed that the stratospheric aerosol consists entirely of condensed
water vapour, of number density 1 cm_3° In order to simplify the calcu-
lations, & mean radius of 0.3p is assumed, which is consistent with the
exponential size distribution model measured by Rosen (1969(a)) and dis-

cussed in Chapter 3. Under these assumptions, the water droplet mixing
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9 gm/gm, and is very much less than that of the

ratio is of the order of 10~
vapour mixing ratio. It is therefore concluded that condensation of water
vapour on Altken particles in the stratosphere has a negligible effect on
the stratospheric water vapour mixing ratio.

Individual scattering ratic profiles, compared with corresponding
temperature profiles obtained from local radiosonde flights, are presented
in Figures 5.5 and 5.6. Two points are noteworthy. The small scale
fluctuations in the scattering ratio are not related to the presence of
temperature inversions at the same height. This does not indicate, how-
ever, that temperature inversions in the stratosphere do not trap aerosols.
As the thickness of aerosol layers in the stratosphere is generally less
than 300 metres (Bigg, 1969), the present method of integrating over 1 km
height intervals will tend to average out the thin layers. The second
point worthy of note is the location of the main peak in the scattering
ratio in relation to the temperature minimum in the stratosphere. As
shown in Figures 5.5 and 5.6, the peak in aerosol scattering does not
occur at the height of the temperature minimum, as found by Elterman et al
(1969). 1In general, the present measurements indicate that the peak
aerosol concentration in the stratosphere lies approximately 2 - 4 km
above the height of the temperature minimum. The height of the peak
aerosol concentration obtained in the present work is consistent with

corresponding heights measured at similar latitudes in the northern hemi-

sphere (Rosen, 1969(a)).
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Mean scattering ratios for each month of observations are shown
in Figures 5.7, 5.8 and 5.9. The vertical lines at each dats point repre-
sent statistical errcors of plus and minus one standard deviation. An
annual trend in the peek scattering ratio at 18 km is quite evident. The
veak ratio steadily increased from 1.25 in April, 1969, to a maximum of
1.92 in July, after which it tended towards & minimum again in April,
1970. The most recent observations reported here are for May, 1970, and
the individual results at the end of May indicate an increasing trend
consistent with the ennual variation. Unfortunately, for the reasons
discussed earlier, no records are available for the months of September
and October, 1969. The annual trend in scattering ratio is clearly
demonstrated in Figure 5.10, which shows isopleths of mean monthly
scattering ratios during 1969 and 1970.

The occurrence of the maximum ratios in the winter of 1969,
with a further increasing trend towards the winter of 1970 is in agree-—
ment with the well known seasonal variation of transport processes in
the lower stratosphere (Brewer, 1949; Dobson, 1956; Newell, 1963). A
similar seasonal variation has been detected in volcanic dust injected
by the Bali eruption (Dyer and Hicks, 1968), and in the concentration
of ozone measured at a similar latitude (Pittock, 1968). As they are
most likely to be transported by similar mechanisms, it is therefore
not unexpected to find a similarity in the temporal characteristics of
ozone and aerosols. These aspects are discussed more fully in the

following section.
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5.2 Transport of Tracers in the Lower Stratosphere

It has long been recognized that an efficient transport process
operates in the lower stratosphere between the equator and pole. For
example, the lowest temperatures in the stratosphere are found in the
vieinity of the equator, even though this region acts as a heat source,
and vice versa, +the highest temperatures in the stratosphere are found
at the poles, despite the fact that this region acts as a heat sink.

This apparent paradox can be resolved if one postulates a mechanism
whereby heat is transported from equator to pole. Other observations
are indicative of a similar transport mechanism. Photochemical theory
predicts the greatest quantities of ozone in equatorial regions and in the
summer menths. The observation that ozone is found in the greatest
concentrations at high latitudes during winter led Craig (1948) to
postulate a mean meridionel motion from equatorial to polar regions in
the lower stratosphere. Brewer (1949) found that the low frost points
recorded in the stratosphere were very similar to the temperature of the
equatorial tropopause, and suggested that there is a direct mean meri-
dional cell involved with rising motion through the tropical tropopause,
& poleward filow, and then sinking motion towards the poles.

In recent years, observations of radiocactive tracers (Feely
and Spar, 1960), and of the spread of dust from the Bali eruption (Dyer
and Hicks, 1968), together with intensive measurements of ozone, have
resulted in more sophisticated theories of transport mechanisms. Several

authors (Reed, 1953; Martin, 1956) have proposed that the distribution
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of tracers can best be explained by large scale eddy mixing processes
with a flow down the concentration gradient for any particular tracer.
It is now known that in middle and high latitudes, eddies primarily
control the transfer of tracers in the lower stratosphere by means of
correlations between the flow and the tracer fields (Newell, 1963).
The meridional cell is still thought to predominate in the tropics:
but the relative magnitudes of the two mechanisms are poorly known.

A stratospheric general circulation model hes been employed
to study the diffusion of two idealized tracers in the stratosphere
(Hunt and Manabe, 1968)., The three dimensionsl model covers an alti-
tude range from ground level to 37.5 km, and for the winter and spring
months is in agreement with many of the features observed in the
atmosphere. The model generates its own meridionsl circulation end
eddies, and thus both the mejor trensport mechanisms in the atmos-
phere are intrinsic properties of the model. A particularly noteworthy
feature of the model is the relationship between the eddy trensport
process and the upper level trough and ridge system observed in mid-
latitudes. The model predicts an sccumuletion of tracers in the
vicinity of upper level troughs, end a deficiency in the region of
upper level ridges., This effect is apparently due to the fact that
the principal source of the mid-letitude tracer lies in the higher leveis
of the equatoriael region. The only way in which tracer in significent
proportions can eppear at mid-latitudes is by means of a downwards

motion, which is associated with upper level troughs. A similar
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argument holds in the prediction of low concentrations in the viecinity of
ridges. In this case, the vertical motion will actually produce a
decrease of concentration because of the vertical concentration gradient
of tracer. At the same time as the vertical motions are taking place

in the troughs and ridges, an eddy transport mechanism acts in the horizon-
tal direction in such a way that the tracer in the region of a trough is
transported polewards, while in the vicinity of a ridge, equatorwards
motion prevails. As the maximum concentrations of tracer are located

in the trough system, the result is a net downwards transfer of material
from equator to pole. Transport is achieved essentially by means of an
eddy process, as the troughs and ridges represent the eddies of the
genzral circulation flow pattern. The inability of the model to explain
the easterly winds in the summer stratosphere is indicative of a different
traasport mechanism operating at this time, and hence the transport of
materisl from equator to poles is essentially a seasonal process.

The predictions of the model of Hunt and Manabe are borne out
in experimental observations of ozone. As this tracer has been observed
for a number of years, there is a considersble amount of data availsable
for statistical studies. Several workers (Normsnd, 1953; Kawamura,
1957; Ohring and Muench, 1960; Kulkarni, 1963) have related ozone con-
centrations to the upper level synoptic pattern, and have shown that
troughs are associated with high ozone amounts, and ridges are relatively
poor in ozone. Ohring and Muench (1960) suspect there is more total

ozone immediately ahead of lower stratosphere troughs than immediately
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behind. It is of interest to note that this aspect is predicted by the
model of Hunt and Manabe. Recently Pittock (1969) has reported an
extensive statistical investigation of the relation between ozone amount
and the synoptic pattern. The results verify the trough-ridge pattern,
and also indicate considerable transfer of stratospheric air into the
t,»oposphere, and vice-versa by "folding-in" in the vicinity of the
m’ddle-latitude jet stream along the 300 mb trough. This folding process
has been shown to exist by other workers (e.g. Cadle et al, 1969). There
are periods when the synoptic pattern-ozone relationship bresks down
(Kulkarni, 1963). Boville and Hare (1961) suggest that much of the
remaining variance of total ozone is due to vertical motion in the baro-
clinic waves of the polar night westerly vortex afrfecting leyers from
150 b to above 25 mb.

Other relationships between ozone and meteorological parameters
have been reported. Meetham (1937), Ohring and Muench (1960), Kulkarni
(1963, 1968) and others have shown that ozone fluctuations are positively
correlated with the temperature and equatorward component of the prevailing
wind, and negatively correlated with geopotential and tropopause heights.
The positive correlation with temperature, coupled with the negative
correlation with tropopause and geopotential heights, suggests that the
short term fluctuations of ozone are duve primarily to subsiding air
motion, accompanied by adigbatic heating. On the other hand, the positive
correlation of ozone concgntration and eguatorward component of the pre-
vailing wind, and with the temperature suppcrts the concept of horizontal
advection from the direction of the pole, where there is more ozone and

where the temperature in the winter stratosphere is greater. Kulkarni
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(1958) suggests that at 38°S vertical motions are more important than
advection at the 20 mb level in winter, while in the lower stratosphere,
both advection and verticel motions are responsible for changes in ozone.

It is now pertinent to discuss features of the aeroscl messure-
ments obtained in the present work in the light of the transport mech-
anisms reviewed in the preceding parsgraphs. It is important, however,
to stress the limitation of the laser radar in meteorological studies
suca ag this. The ruby laser beam is unfortunately unable to penetrate
cloud with sufficient intensity, except in the case of thin cirrus. It
is therefore difficult to obtain representgtive measurements of seasonal
and synoptic relationships, since cloudiness is correlated with the
synoptic pattern and thus with aerosol content. Nevertheless, the results
that have been obtained in the present work can be interpreted in terms
of the transport mechanisms in the lower stratosphere.

The ratio profile observed in the present work normslly. features
a single and well-defined peak as shown in Figure 5.2, with & maximum at
a height of 18 to 19 km. However, during the months from April to June,
1969, the character of the ratio profile became markedly disturbed, with
the sporadic formation of a secondary upper pesk at sbout 25 km. Sometimes
the upper peak was more pronounced than the normal maximum, as shown in
Figure 5.11(b). Inspection of Figure 5.11 shows that significant fluctuations
in aerosol concentration can take place in a time interval of less than
24 hours, at least in the winter months. It is of interest to note the magni-

tude of the fluctuation observed in scattering ratio at 23 km from 26 to
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27 May, 1969. The turbidity and hence number density during this
particular period changed by the the factor 5:1. On the other hand

the profiles in August, 1969, and January to March, 1970 are

relatively stable, as is evident in Figure 5.12, which depicts three
August profiles. This apparent seasonal effect in aerosol varia-

bility is more clearly shown by referring to Table 5.1, which lists
cross-correlation coefficients for pairs of ratio profiles separated

by a range of days, and for disturbed and undisturbed months. The
cross-correlation coefficients for the disturbed group (April, May, 1969)
are significantly less than those for the undisturbed group (January

to March, 1970). The large time intervals over which the characteristics
of the undisturbed group of ratio profiles still remain similar is
particularly noteworthy. High cross-correlation coefficients are
obtained for separations greater than 10 - 20 days. A similar seasonal
effect in ozone variability has been noted by Kulkarni (1966). A
statistical analysis of ozone results by Pittock (1968) has shown a
significantly greater variation in the winter months than in the summer
months. Pittock suggests that the high variability cannot result
exclusively from a mean meridional transport mechanism, or from transport
by standing eddies, unless one postulates similar variability in the
ozone content at the scurce. The variability is therefore indicative

of & significant seasonal fluctuation in the transport due to transient

eddies.
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TABLE 5.1
Grou Separation Cross-correlationi
D (Deys) Coefficient
1 .40
1 267
1 .586
Disturbed
(hpril,May,1969) . -679
2 . 476
2 : 222
8 297
S 555
2 ., 782
Undisturbed 6 - 660
(Jen-Mar, 1970) 10 . 883
23 . 805

An investigation was made of the relation between the
upper level synoptic pattern at 200 mb, and the magnitudes of the
scattering ratios measured with the leser radar. Although there are
insufficient results at the present time to meke & sound statistical
analysis, the individuael results, particularly for the sutumn end
winter months, are consistent with the trough-ridge hypothesis discussed
previously. This will be demonstrated with two specific examples. The
laser radar sounding on 15 April, 1969, measured ratios higher than the
monthly meen values (Figure 5.13(a)). The peak ratic of 1.9 measured
on 15 April represents more than a four-fold increase in optical turbi-
dity, and presumebly number density, over the monthly mean ratio of 1.25
at the same height. Inspection of the 200 nb synoptic charts shows that

e low pressure trough had passed over South Austrelia at the time. In
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FIGURE 5,13 Illustration of the relation between features on the 200mb synoptic chart and
fluctuations in aeroscl scattering. Dashed curve; monthly mean ratio values.



93.

Figure 5.13(a), the 200 mb chart for some 12 hours after the laser experi-
ment is shown. The second period selected was when a ridge was travelling
across southern Australia. Ir this case the ratios for 23 April, 1969,
are less than the mean values for the month, except for the 18 km level,
as shown in Figure 5.13(b).

It is of interest to consider the synoptic pattern for the dsy
on which the highest ratio values were recorded in the present work. The
peek ratio recorded on 16 June, 1969, was approximately 2.1, and as shown
in Figure 5.13(c), a deep trough was situated to the west of the laser
radar site. The occurrence of & maximum in aerosol concentration ehead
of a trough is in agreement with the ozone results of Ohring and Muench
(1960), and is predicted by the numerical model of Hunt and Mansbe (1968).
The meximum in aerosol scattering observed on 16 June, 1969, could also
be sttributed to the unusually large degree of curvature in the upper
level flow pattern existing &t the time. Experimental results of Chring
and Muench (1960) show & direct relstionship between the degree of curve-
ture in a trough or ridge and the magnitude of the deviation of ozone from
the mean level.

The example of changes in scattering ratio cited above involve
a large proportion of the total stratospheric aserosol layer. However,
many of the fluctuations which occur over the space of a few deys take
place in a narrow helght interval. Figure 5.11 shows that whereas the
ratio at 21 km decreased significantly from 24 to 26 Mey , the ratio in
the 23 km region increased. Simjlarly, the ratio at 23 km decreased from

26 to 27 May, while at the seme time that in the 18 to 20 km region
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increased. These changes are shown more clearly in Figure 5.1L4 in which
the ratios are averaged over the height intervals 18 to 20 km and 23 to
25 km. The corresponding temperatures and geopotential heights at the
70 and 30 mb pressure levels, obtalned from local radiosonde flights,
are also included. It can be seen that as in the case of the aerosol
fluctuations, the changes in temperature st the two levels are not
correlated, indicating that these levels are undergoing different
meteorological processes. Figure 5.14 shows no significant correlation
between the scattering ratio fluctuations and chenges in the geo-
potential heights of the corresponding pressure levels, indicating that
day to day fluctuations in aerosol scattering are more likely to be due
to horizontal motions,

For comparison, Figure 5.15 is an example of the case when
temperature and sercsol scattering fluctuastions are taking place in
unison at the 30 and TO mb levels. The positive correlation between
temperature and aerosol scattering chenges which is evident in Figures
5.14 and 5.15 is a result of the biassed nature of optical measurements.
As observations are limited to clear skies, the positions of the upper
level synoptic petterns are biassed such that the trailing edge of
troughs are favoured more than the centre or the leading edge. Con-
sequently, high ratios are normally associated with the warmer air
from higher latitudes. The fluctuations in geopotential heights of the
two levels shown in Figure 5,15 bear no relation to the aerosol scatter~
ing changes, and are in support of the earlier conclusion that vertical
motions are less jmportant in affecting the day to day aerosol cancentra-

tion.
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Although the mean height of maximum aerosol scattering in the
stratosphere occurs between 18 and 19 km, high aerosol scattering is
usually accompanied by a shift of the peak to greater altitudes. This
is illustrated in Figures 5.11(a) and (b), and the tendency is also
reflected in the monthly means for June and July when the maximum
scattering ratios for the year were observed (Figure 5.7). It is of
interest to consider the changes in the height of maximum serosol
scattering in the stratosphere which occurred in August, 1969, when the
profiles had a tendency to be more stable (Figure 5.12), The tendency
for ozone concentrations to be stable at this time of the year and at
a similar location has been noted by Kulkarni (1966), Tt is likely that
the tracers are more uniformly mixed. Figure 5,12 indicates a downward
progression of the height of maximum aerosol scattering, from 20 km on
1 August to 18 km on 16 August. The higher altitude of maximum scatter-
ing at the beginning of the month is consistent with the features of the
late June and July profiles, and is in agreement with the concept that the
aerosols are being transported downwards from higher altitudes., The
gradual downward progression of the pesk in August is particularly note-
worthy, as the upper level synoptic pattern changed considersbly during
the period. The results suggest a downwards progression of about 4 km
per month, after which the height of peak aerosol scattering remained
approximately constant. Radicactive debris measurements made by List et al
(1966) at Mildura, South Australia, suggest a downwards propagaetion of
sgbout 1.5 km per month, and considering the limited dats in the present

work, the results are in fair agreement.
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5.3 30 - 60 km Altitude Region

As the statistical errors for the results in the L0 - 60 km
altitude region obtained on individual nights are significantly large,
profiles were averaged over monthly periods. Four monthly mean ratio
profiles for the 30 - 60 km region obtained in 1969 are presented in
Figure 5.16. Monthly results were normalised at an altitude of 30 km,
and the scattering indices were compared with theoretical values derived
from the U.S. Standard Atmosphere, 1962, in order to deduce the scatter-
ing ratio. It can be seen that most of the departures of the experi-
mental results from the Standard Atmosphere are not much greater than 1
standard deviation, and hence are statistically insignificant. The
y=zarly scattering ratio profile shown in Figure 5.2 also shows no signifi-
cant departure from the standard atmosphere in the 30 - 60 km altitude
region.

The present results are in agreement with laser meesurements
made elsewhere (Bain and Sandford, 1966; Clemesha et al, 1967; Wright
es al, 1969). Thus there is little evidence in support of a substantial
aerosol layer at 40 km altitude as proposed by Dunkelman, Dave, Mateer
and Evans (1968) in order to explain colours in the horizon sky observed
by astronauts. However, using the present method of normalisation of the
laser results, a constant background turbidity at all heights would
remain undetected. Thus the proposal by Volz and Goody (1962) of a
constant background turbidity of 0.2 remains in agreement with recent

laser measurements.



Scattering Ratio R(h)

1,0- '\-\._ . T/:‘L T ‘

0.7%

131

1.0- \\“ T.

0.7%
L3[ June
1.0 -\-\?‘_‘“-Q’/V{\ VAR 1 TJ
0.7[
13p November
. //).
10 -\N« 3 \ 7 :
007"
| 1 | | |
20 30 40 50 60

Altitude (km)

FIGUEE 5.16 Mean monthly profiles of scattering ratio
in the altitude region, 22-60 km.



9T7.

It is of interest to note that the observations in the 30 - 60
km region for the winter of 1970 are different in one respect from the
previous winter. Whereas the results for the winter of 1969 show an
increase in aerosol concentration in the 18 - 20 km altitude region,
the observations for the winter of 1970 show an additional significant
increasgse in seroscl scattering in the 30 - 40 km region when an upper
level trough is in the viclnity. Although this effect is to be expected
on the begsis of the transport mechanism in the stretosphere, it wase
not detected in the 1969 results. This would suggest that the source
of seroscle st the equator was at a higher altitude in 1970 then in

1969.
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CHAPTER SIX

TROPOSPHERIC OBSERVATIONS

In August 1969, the lower altitude capability of the laser radar was
reduced from 10 km to 3 km by implementing the analogue recording apparatus,
discussed in Chapter 2. In November 1969, this 1limit was further reduced
to approximately 0.5 km when an adjustable disphragm, which defines the
field of view of the receiver, was incorporated in the equipment, enabling
much wider fields of view to be stteained.

The data snglysis is described in detail in Chapter L. Briefly, the
experimental scattering index profile is normelised in the 9 - 10 km alti-
tude region to & theoretical molecular profile calculated using local
radiosonde data, and transmission corrections are made to the laser results
using the method described in Section 4.3.2.

Figure 6.1 shows a number density profile from 3 to 7.5 km calculated
from the average laser results for the period from August to December, 1969.
The laser results were converted to number densities using equetion 3.13.

As noted in Chapter 1, measurements of the size distribution of serosols by
various observers in the mid-to-upper troposphere are not in agreement.
However, the relative magnitudes of Aitken and large particle number
densities in this height region are indicative of & Junge power law, with
an exponent v of approximately 2 to 2.5. It is of interest to note that
the measurements of Junge et al (1969) are in agreement with the sbove size

distribution. Accordingly, the present celculations are based on s Junge
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size distribution, constant with height, with v = 2.5 and a lower cut-off
radius of 0.04 p. As the particles have a significant solid component, a
refractive index of 1.5 is assumed. Considerstions in Chapter 3 indicate
that Aitken nuclel determine the optical characteristics of tropospheric
aerosols, and the present results are compared with the Aitken nuclei
measurements of Wigand (1919) and Weickmenn (1955), It can be seen that
the results are in good agreement, confirming the original deduction

of the importance of Aitken nuclel in the troposphere. The nunmber
densities calculated using s Junge size distribution with v = 2 are
approximetely e factor of 3 smaller than those calculated assuming v = 2.5,

and hence are not in good agreement with observed Aitken concentrations.

6.1 General Charaeterigtics of the ScatteringARatio‘Profiles

The tropospheric ratio profiles above 0.5 km measured from
Novenber 1969 to May 1970 can be grouped into three typical classes, and
are determined by the prevalling meteorological conditions. These are
shown in Figures 6.2 and 6,3.

Figure 6.2(a) shows the ratio profile obtained in more than T70%
of the measurements, which are observed when the air mass originates from
the Southern Ocean. The relative humidity profile, and the corresponding
ground level synoptic chart for the measurement period are alsc included.
This group is characterised by at least one significant peak in the alti-
tude region below 2 km, which is strongly correlated with features on the
corresponding relative humidity profile. This would indicate that the

maritime air mass from the south is rich in hygroscopic aerosols. The
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upper limit of the aerosol layer is nearly always bounded by a temperature
inversion, which prevents very effectively any upward motion of the air
mass by convection. The characteristics of this layer are in close agree-
ment with the earlier measurements by Twomey (1955) in a similar locality,
end under the same meteorological conditions. Twomey collected giant
particles near Mt. Gembier, South Australia, in air of maritime origin up
to altitudes of 2.5 km, end found them to be predominantly ses salt. The
upper altitude limit of these particles was also limited by e tempersture
inversion, and often correspondd to the base of scattered cumulus cloud.
It is of interest to note that the reletive humidipies in these serosol
leyers ere usually much less then the humidities necessary for the transi-
tion of hygroscopic perticles from solid to liquid phese (> 70%). This
could be indicative of & considereble degree of supersaturation, as dis-
cussed previously in Chepter 1. On the other hend, as the size distribution
of these aerosols is likely to be described by a Junge power law, the
particles in the Alitken size range would determine the charscteristics of
the scattered signal. The greater curvature of these droplets would
thus tend to lower the humidities at which phase transition occurs (Junge,
1963).

The ratio values immediately above the height of the main
aerosol layer are typically 1.2 - 1.4, and a slow reduction in ratio occurs
with a further increase in altitude until about 6 km, above which the ratio
is apparently constant, at least within the accuracy of the present experi-

ments. The ratio profile above the height of the main peak is correlated
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to a lesser degree with the temperature and relatiwve humidity curves,
although in some instances, as in the example shown in Figure 6.2(a),
a general agreement still persists.

The occurrence of the opticelly thick serosol layer almost
exclusively below 2 km when the air mess is of meritime origin is in
agreement with the results of Junge et al (1969), They found that the
sea spray component which was detected in serosols 65 m above sea level
gt Cape Blanco, was not found at an altitude of 2200 m et Crater Leke
National Park. This gives further support to the suggestion that the
aercsol leyer frequently detected in the present work censists pre-
dcminantly of hygroscopic particles. The measurements of Junge et al
indicate that the size distribution of these particles can be approxi-
mated by & Junge power law with an exponent v of 2.

The second type of ratio profile is shown in Figure 6.2(b),
together with the relative humidity profile and the corresponding
ground level synoptic chart. This ratio profile is detected in about
20% of the measurements and when the wind has a northerly and hence
coatinental component. The characteristics of this group 1is the very
low ratio values at all heights. In contrast to the maritime ratioc profiles,
which often have peak values greater than 2 and sometimes exceeding 6,
the continental ratio profiles typically range from 1.2 to 1.4, representing
more then a 5 to 1 reduction in turbidity. This is contrary to what one
mighs expect from considerations of particle concentrations over land and

sea, The results of Landsberg (1938) in Table 1.1 suggest that continental
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number densities are approximately 10 times greater than maritime concentra-
tions. This, coupled with the strong convection that occurs in the warm
conditions accompanying a northerly air stream, would tend to increase the
particle number density in the 0 - 2 km region.

The size distributions of maritime and continental aerosols
could, however, be substantially different. Considerstions in Chepter 1
indicate that although the size distributions of both types of particles
can be described by the Junge power law, the exponent v of the low level
maritime serosols is epproximately 2, while that of continental aerosols
lies between 3 and 4. Referring to Table 3.1, it cean be seen that the

scattering cross-section for aerosols with a Junge size distribution and

il

v = 2 1s a factor of 10 greater than the cross-section for particles with

3. Thus it is feasible that the difference in scattering ratio pro-

v
files of continental and maritime aerosols measured in the present work
is primarily due to the difference in size distributions, as a consequence
of the effects of humidity.

The third class of ratio profile observed is illustrated in
Figure 6.3(b) and (c), and occurs less frequently than the other types.
The notable characteristic of this profile is a broad, optically dense
aerosol layer in the region from ground level to about 4 km. The upper
boundary of the aerosol layer corresponds to the presence of either an
iscthermal layer or temperature inversion, together with a sharp cut-off
in humidity. Above this height level, the air is warm and dry. The

ground level synoptic chart indicates a northerly air flow, similar to the
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synoptic pattern accompanying the previous type of ratioc profile.

These aerosols are believed to be hygroscopic, as the layer
corresponds to the region of maximum humidity. The growth of the
aerosol layer is illustrated in Figure 6.3. The observation at 0830
hrs on 15 January was taken at the same time as the radiosonde
measurements, and shows a broad and weak aerosocl layer between 0.5
and 4 km, which coincides with the peak in relative humidity. It is
of interest to note that the temperature inversion at 2 km hardly
affected the distribution of aerosols. The record at 0951 hrs on the
same day shows aerosol layers at 1 and 2.7 km, which developed into a
single, optically thick layer by 2026 hours. During this time interval,
the height of the inversion increased by more than 1 km, as also did
the upper regions of the humidity layer. This increasing trend in the
height of the tempersture inversion, and the upper boundaries of the
gerosel and humidity layers, is still evident in the observations on the
morning of the 16th January. By the evening of the 16th January, a
cold front had spproached, and no further observations were made.

The origin of this hygroscopic¢ serasol layer is not immediately
obvious from congliderations of the synoptic chart. However, as these
characteristics were only observed in the summer months of December and
Jenuary, it is possible that the moist air mess is of tropical origin.

The sbove considerations indicate that aerosol layers can
originate due to the trapping action of tempersture inversions, and that

their effects can be enhanced by the presence of water vegpour. The
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traoping effect of & temperature inversion is often noticeable in urban
and industrial areas, an example of which is shown in Figure 6.4. The
restriction of the upwards convection of the smoke plume (left of centre)
is particularly noticesble. Frequently, however, minor aerosol layers
detected by the laser radar bear no relation to either the temperature or
relative humidity profiles, as illustrated in Figures 6.3(a), (b) and (c).
It is possible that the radiosonde data are not sufficiently accurate

for the detection of small fluctustions in either the temperature cr the
relative humidity. On the other hand in some instances, significant
fluctuations in the temperature end relative humidity profiles are not
accompanied by changes in the scattering ratio profile.

6.2 Rapid Fluctuations in Aerosol Scattering

Frequently, rapid fluctuations are observed in the signal
scattered from low levels when the air mass originates from the Southern
Ocean. The regions in which fluctuations take place correspond to
humidity layers detected by the radiosonde equipment. Significant fluctua-
tions can teke place in time intervals of a few seconds.

An example of the nature of these fluctuations is shown in
Figure 6.5, which is & sequence of oscilloscope traces between 2129 hrs
and 2152 hrs on 5 December, 1969. The time interval between traces ranges
from 1 to 5 minutes. The corresponding humidity profile may be seen by
referring to Figure 6.2(a), which indicates that the fluctuations in aercsol
scattering are taking place within the humidity layer which extends from
ground level to 1.6 km. The sharp change in slope of the oscilloscope

traces at 1.6 km corresponds to the temperature inversion.
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It is possible that the fluctuations in aerosol scattering
described above are due to rapid changes in the relative humidity. It
thus follows that the direct sampling technique by means of a limited
number of radiosonde observations could be’subject to significant errors.

The fluctuations in aerosol scattering described above occcurred
in an apparently clear sky. An investigation was made of the character-
istics of aerosol scattering which occur in the clear region between
cumulus clouds. Rapid fluctuations were again observed, with a tendency
for the signal scattered from cloud height to increase as a cloud
gpproached the field of view. This effect is illustrated in Figure 6.6.
In order to simplify the calculations, the scattered signal is presented
in terms of the scattering index I(h) without transmission correcticns.
It can be seen that the scattering index measured at 1326 and 1332 hrs,
corresponding to cases when the cloud was very close to the field of view
of the receiver, is significantly greater than I(h) measured at the
remaining times, when the cloud was further away.

6.3 Diurnal Variations

The diurnal variation in aerosol scattering observed with a laser
radar has already been presented qualitatively by Viezee and Oblanas (1969;.
Their results show an increase in serosol scattering from morning to noon
due to the effects of convection.

The present results cover a period of more than 24 hours in a
typical summer's day, and data are presented in terms of the scattering ratio

Figure 6.7 shows scattering ratio profiles measured from 1530 hrs on
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¢4 November to 1915 hrs on 25 November, 1969. The results indicate that
the optical turbidity of the low level aerosol layer is greatest in late
afterncon. By 0504 hrs on 25 November, the layer had nearly vanished.
However, by 0630 hrs, the effects of solar heating were already becoming
evident, and the turbidity of the lower levels increased throughout the
day. On 25 November, there was also a tendency for the upper beoundary
of the aerosol lgyer to steadily increase throughout the dgy. This
effect has been noted by Naito et al (1968), and is due to the extent of
hegting that tekes place at the earth's surface. Apparently, the sir
ascends dry-adigbatically, and stops at a level where a dry-adiasbatic
line starting from the surface tempersture intersects the envircamental
temperature profile. As the convection activity is grestest when the
maximum surface temperature occurs during mid-afternoon, it follows

that the maximum height of the aerosol layer is greatest in the late
afterncon.

6.4 Observations of Cirrus Cloud

On 1 June, 1970, observations were made of cirrus cloud
preceding a cold front. The cloud, which was at an altitude of approxi-
mately 8 km, was almost undetectable against the star background. Due
to its height and horizontal extent, the cloud was identified as either
cirrostratus or cirrocumulus.

Two sequences of observations are shown in Figure 6.8. The
traces were taken 30 seconds apart, and each trace was repositioned in

the vertical direction to prevent overlapping. Figure 6.8(a) shows the
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sequence of observations betwegn 0012 hrs and 0020.5 hrs, indicating =
tendency for the cloud structure to be bifurcated. Two further points are
of interest. There is a general apparent downwards propagation of the
cloud, amounting to about 800 m in the 8.5 minutes of observation. It is
clear that this phenomenon could also be a result of the horizontal
motion of a cloud sheet inclined to the horizontal. Superimposed on the
rean apparent downwards motion is a slight oscillating trend. This could
be due to oscillations in the cloud sheet itself, or due to the patchy
nature of cirrocumulus type cloud.

The sequence of observations shown in Figure 6.8(b) are some 26
minutes later than the first sequence. By this time the cloud had
apparently descended nearly 2 km, and the intensity was greatly reduced.
The records show that this cloud eventually disappeared, to be replaced by
another cloud sheet at the original height. As in the example shown in
Figure 6.8(a), the cloud has a mean downwards motion, superimposed on which

is a slight oscillation.



108.

CHAPTER SEVEN

SOME ASPECTS OF THE TWILIGHT PHENOMENON

Of the three optical probing techniques discussed in Chepter 1,
the twilight experiment has been most frequently used, due principally
to the modest equipment that is required. Yet interpretation of the
results, particularly for the lower etmosphere where serosol scattering
is of significance, has proved to be extremely difficult, due to the
interrelsation between the transmission and scattering characteristics
of the atmosphere in this region (Rozenberg, 1966).

The present twilight experiments were initiated prior to the com-
pletion cof the laser radar equipment, when it became evident thet dust
from the Mt. Tael (14°N, 121°E) eruption on 28th September, 1965, might
provide an opportunity to study large scale circulation in the lower
stratosphere. Although largely criticised by several workers (e.g. Volz
and Goody, 1962; Rozenberg, 1966) the twilight gradient approach of
Bigg (1956, 196u4) was adopted. This technique has the advantage of
simplicity and the method is outlined as follows. For a fixed elevation
of the line of sight, the height of the earth's shadow boundary appears
to increase as the sun sets further below the horizon. Bigg (196L) showed
that for the case of a pure molecular atmosphere, the rate of change of
brightness of the twilight sky with height of the shadow boundary (dl/dh)
is related to the scale height H of the molecular atmosphere by the

following relation;
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H|i=
B:|R
1
-

(7.1)

The left hand side of equation 7.1 is just - d(1nI)/dh and the variation
with h is known as the twilight gradient. Bigg showed that a thin
aerosol layer adds a contribution to the pure molecular term 1/H in
equation T7.1l. Later calculations will show thsat this is true alsc

for the case of the broad stratospheric aerosol layer. As solar radia-
tion grazing the earth is attenuated more than that passing higher up,

the shadow boundary is not sharp, and the measured twilight gradient is
smoothed. The extent of this smoothing has been the subject of con-
troversy for a number of years. Bigg (196L4) claims to have detected
narrow layers in the stratosphere by virtue of the sharp discontinuity

in the shadow boundary. These "layers'" appeared to be well correlated
with discontinuities in the corresponding temperature profile. On the
other hand, extensive calculations of model atmospheres by Volz and

Goody (1962) indicate that the shadow boundary is several kilometers
thick, thus averaging out thin layers such as those claimed to have

been detected by Bigg. Megrelishvili (1958) correctly suggests that the
mean height of the twilight ray, frequently called the "screening height",
should be used in place of the sharp shadow edge. However, it will be
shown later that Megrelishvili's estimate of 20 km for the screening height
is grossly in excess of values deduced in the present work, and by Volz

and Goody (1962).
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There is 1little doubt that the broad peak in the twilight graaiernt
is primarily due to the presence of the stratospheric aeroscl layer.
The increase in stratospheric dust brought about by the Bali erupticn in
1963 is clearly shown as an increase in the twilight gradient in the
results of Volz (1969). Typical intensities and corresponding twilight
gredients for a relatively clear and a turbid stratosphere cbserved by
Volz (private communication, 1969) are shown in Figure 7.1. It can be
seen that an increase in serosol concentration in the lower stratosphere
results in an increase in the brightness of the twilight sky, which is
reflected in a decrease in the twilight gradient at small sclar
depressions, and an increase in the twilight gradient at larger solar
depressions. However, scattering coefficients can only be deduced by
the measurement of absolute intensities (Volz and Goody , 1962) .

The construction of the laser radar at Adelaide has afforded an
excellent means of comparing the twilight results with the results of
an independent experiment. In the fcllowing pages, the twilight experi-
ments conducted at Adelaide are reviewed, and the comparison with the
laser radar results is discussed.

7.1 Experimental Aspecis

Light gathered from a 0.5 degree field of view by a 15 cm
diameter Cassegrain telescope is recollimated, end passed through a
Wratten No. 29 red filter to an EMI $558B photomultiplier. The combined
response of the filter and photocathode extends from 6200 2 to about
8000 K. The output from the photomultiplier is amplified by a D.C. ampii-
fier, the output of which is mainteined within the range 3.0 tc 3.1 volts

by step-wise adjustment of the E.H.T. voltage, and hence the gain, of the
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photomultiplier. A fast response pen recorder with 0.1 volt full scale
sensitivity is placed between this varying output and a fixed potential
of 3.0 volts. Whenever the pen recorder reeches the limit of its deflec-
tion, the gein of the photomultiplier is adjusted to bring the trace
back to the other end of the scale.

Under these conditions we may write AI = kV, where I is the
light intensity incident on the photomultiplier, A is the instanteneous

emplification of the system, and V is the output voltage of the amplifier.

ar _ dv .
Thus A g = k g end we obtain
14l _14dv ‘
Id Vadt (7.2)

Since V is approximetely constant, being meinteined within the range 3.0

to 3.1 volts, ot is proportional to L1 , which is simply the slope of
I dt dt

the pen recorder trace. Thus from (7.1),

ar
ah

dv dt

- iR & (7.3)

Lo
H

H|—
<[

The apparetus was originally located at St. Kilda, some 17
miles north of Adelaide, at latitude 34° 43' south and longitude 138° 34!
east, and observations were begun in Octcber, 1965. Precautions were
taken to avoid twilights which were affected by distant clouds. The
local weather map was inspected prior to each run, end cloud reports from
the Bureau of Meteorology were obtained. A final check for distant clouds

on the horizon was also made.
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7.2 Results

The chart readings %-%%'were multiplied by %; , the differential

of central standard time with respect to solar depression, &. The result-
1l dl

ing quantity is thus proportional to T ag .

Despite the precautions taken to avoid twilights contaminated
by clouds, & large proportion of the results are nevertheless believed to
be affected by clouds beyond the horizon. These results show sharp
fluctuations in the twilight gradient, and have subsequently been discarded
ir. the analysis.

Twilight gradients with respect to solar depression angle observed
at St. Kilda are shown in Figures T7.2(a) to (f). The most frequently
okserved profile is shown in Figure 7.2(f). The value of d(ln 1)/d8 is
typically 0.5 (degree_l) at 2° solar depression, and reaches a peak of
agproximately 1.5 at 5.20 solar depression. For comparison, a twilight
profile measured at Weissenau, Southern Germany in early summer, 1966
(Volz, 1969), is included in Figure 7.2(f). The results are in very gocd
agreement, considering the entirely different localities, and indicates
similar vertical distributions of aerosols,

Of particular interest is the sequence of twilight gradients
which were observed between December 1, 1965 and February 28, 1966, shown
in Figures 7.2(a) to (f). It can be seen that the twilight gradients ocbserve
over a wide range of solar depressions between 8th December, 1965 and
18th February, 1966 (curves (b) to (e), Figure T.2) are significantly greater
than the normal twilight gradients, represented by curves (a) and (f) in

Figure 7.2. The disturbed records show none of the usual signs of cloud
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interference, and have never been recorded since, in over 4 years of
observations. It is therefore concluded that the change in twilight
profiles during this period is due to an abrupt and abnormal change

in the vertical distribution of aerosols over southern Australia. The
increase in d(1ln I)/d8 at solar depressions between 3° and 7° suggests
an influx of aerosols in the lower stratosphere.

An enhancement in stratospheric aeroscl concentration was
also observed at Mt. Stromlo, Australia, in the same period. Measure-
ments at Mt. Stromlo of the ratio of red to green intensities of the
twilight sky, which is sensitive to the stratospheric aerosol content,
showed a significant increase during December, 1965 and Jenuary, 1966
(Volz, private communication, 1969). Enhanced twilight intensities
were also recorded at Kitt Peak (32°N) and at San Salvador (13.7°N)
during this periocd. Volz (1970) has ascribed the disturbances in the
northern hemisphere to the eruption of Mt. Taal in Luzon on 28th
Septenber, 1965. It is also conceiveble that the corresponding dis-
turbances in the southerr hemisphere could have been due to volcanic
debris from Mt. Taal. The material apparently took sbout 3 months to
reach letitude 35°8.

Apart from en enhenced twilight on 18 November, 1966, other
twilights observed at St. Kilda up to the end of 1968 were of undisturbed
character as shown in Figure 7.2(f). It is of interest to note that
enhanced twilight effects were also observed at Kitt Pesk in August and

September, 1966 (Voiz, 1970).
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In the sbove discussion, inferences about the azltitude of the
stratospheric aerosol layer have been deliberately excluded, due to the
uncertainty in the real height of the diffuse shadow boundary. The
completion of the laser radar at Adelaide has enabled a direct comparison
to be made between twilight and laser measurements made at the same time
and location. It is then possible to deduce a value of screening height
such that the vertical twilight profiles are compatible with the vertical
laser profiles.

T.3 Comparison of Twilight and Leser Results

According to the twilight gradient approach of Bigg (1956,
166L), the vertical profile of d(ln I)/dh versus height h of the shadow
boundary reflects the verticel profile of the stratospheric aerosol
number density. In the present work, d(ln I)/dh is calculated by the

following relation:

d(in I) _ a{in I) 48
& Al & (7.4)

It will be shown in & later section that for the wavelengths of importance
tc the present work (7000 R) the boundery between the shadowed and sunlit
pcrtions of the atmosphere is not sharp. The twilight rays grazing the
lowest layers of the atmosphere near the earth's surface are nearly com-
pletely attenuated. TFor radiagtion of T000 2 wavelength, attenuation of
the twilight rays is significant for perigees of several kilometers, &nd
hence the shadow houndary is very diffuse. Thus it is exceedingly dirfi-

ctlt to deduce the quantity h and the corresponding velue of dé/dh.
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In order to overcome this difficulty, Rozenberg (1966) has
introduced the concept of the "twilight layer". For a given solar
devression, the twilight layer represents the range of heights which
give rise to most of the observed intensity of scattered suniight.

Above the twilight layer, the optical thickness of the atmosphere is
so small, that the scattered intensity contribution is negligible.
Below the twilight layer, the scattered intensity is significantly
reduced by attenuation of the grazing rays in the lower layers of the
earth's atmosphere. However, the concept of the twilight layer is
unsatisfactory for most atmospheric investigations because it can be
many tens of kilometers in extent.

The concept of a screening height, frequently used in nocti-
lucent cloud analyses (e.g. Fogle, 1966), is employed in the present
work. All solar rays grazing the atmospheric layers below the screening
height are assumed to be completely attenuated, while those passing above
the screening height are assumed to be unaffected. Although it is not
possible to determine the value of the screening height from the twilightu
profile itself (Rozenberg,1966), the comparison of the laser and twilight
profiles would enable an estimate to be made.

The present method of determining h and dd/dh alsc includes the
effects of atmospheric refraction. According to Rozenberg (1966), refrac—
tion 1s of significance for solar ragys of perigees less than 15 km. The
refraction is calculated by means of a modified form of the ray tracing

process formulated by Lloyd and Low (196L4), a brief resume of which



116.

follows. A schematic diagram of the path SNQ of s ray from the sun,
tangential to the earth's surface and of perigee or screening height,
£, 1s shown in Figure 7.3. For an observer at P, the depression & of

the sun's upper limb corresponding to a shadow height h is
8 =08; + 06, +p; +1 (7.5)

where 8 is the angle NOQ, 6, is the angle POQ, p; is the angle TNS
describing the refraction undergone by the sun's rays in traversing the
path SN, and 1 is the correction for the semi-diameter of the sun's

limb (1 = 16'). This correction is required since the position of the

sun is defined with respect to its centre, whereas sunset is defined in
terms of the setting of the sun's upper limb. The value of p1 is depen-
dent on the screening height s, snd for zero screening height the normally
accepted value of p; is 34' (Lloyd and Low, 1964). The varistion of o1
with s used in the present work follows that reported by Rozenberg (1966),

but modified so thet p; at ground level 1g 34'. The reletion is
ey = 0.0099 exp (- 0.16s) (7.6)

where s is expressed in km and p1 in rediens.

Applying Snell's law of refraction, the differentisal equation

h -
r+ s

relating increments of x(= » where r is the radius of the earth) to

those of 8, for a ray such as NQ in Figure 7.3 can be shown to be

a6 = = (7.7)

<l+x)[“—2~;(l+x )2 - 0%

Hs




FIGURE 7.5 Schematic diegram of the twilight scattering experiment.
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The refractive index p at height h gbove ground level is

calculated using the following relation.
p=1+¢ 2 (7.8)
%o

where « = 0.000275 for a wavelength of 7000 R, and p/po is the ratio
of the density at height h to that at ground level. The parameter My
is the refractive index at the screening height s and is calculated
using equation 7.8.

In the altitude range h” =h - s = 0 to 0.5 km, x << 1, and

s

equation 7.7 cen be integrated analytically to give

61=c1n{7&+ Jl"‘“‘g‘i[ (7»9)
VaZz a?

where
K . 1%
c=2{—— (1 +HT)}?, (1.10)
H-? )
s
2HI(H - <)
8? = ==, (7.11)
k(1 - HSI)
1 -
X' p =0
and H™ = ;f%—g ,» H being the density scale height. The parameter H; is

the value of H” at h” = 0. Egquation 7.7 may also be integrated analyti-
cally for high altitude values (; 40 km) where u > 1. Then

Hs

-1
{1+X

81 = cos b+ 0, (7.13)

where p; is given by equation T7.6.
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For values of h” between 0.5 and 40 km, expression 7.7 cannot
be integrated analytically, and hence a numerical method is used.
Referring to Figure 7.3, the line of sight of an cbserver at
P, elevated by an angle ¢ above the horizon, intersects the twilight
ray at point Q. For an angle ¢ of 190 used in the present work, refrac—
tion effects are relatively small, and & linear sightline Py 4is assumed.

It can be shown that under this assumption, the angle POQ is

8, = cos-l f§9%—§H -0 . (T.14)

It can be seen in Figure 7.3 that knowledge of both 81 and ¢ uniquely
determines the value of 8;, and hence solar depression, ¢, according to
equation 7.5. Thus for each value of solar depression considered, the
present computational procedure progressively increases f) until equation
7.5 is satisfied, thus determining the shadow height h.

All computations have been performed on the University of
Adelaide's CDC 6400 computer. The numerical integration of equation 7.7
is carried out in 25 m height intervals for the lower levels, increasing
to 100 m steps approaching L0 km altitude. Densities and scale heights
are calculated using the U.S. Standard Atmosphere (1962).

In order to demonstrate the effect of altering the screening
height, calculations of d(ln I)/dh profiles for several values of & using
results obtained on 17 February, 1969, are shown in Figure 7.4. An
increase in s by As gives rise to an increase in the peak of the twi-

light gradient by an amount slightly greater than As, due to the decrease
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in refraction with height. This effect becomes greater as the solar
derression increases, and hence the twilight profile is broadened as s is
mace larger. At the seame time, the magnitude of the peak is reduced due
to the decrease of d6/dh with solar depression.

Figure 7.5 shows the results of the comperiscon of laser and
twilight profiles for a sequence of cbservations in August 1969. The
value of screening helght for each twilight observation wes adjusted
until the peaks in the twilight and laser profiles matched. Several
points are noteworthy. For these observetions, the screening height
varies between 6 and 7 km, in agreement with the model atmosphere calcu-
lations of Volz and Goody (1962). However, other comparisons result in
screening heights as low as 3 km. As the screening height is determined
by the optical characteristics of the troposphere, it is understandable
that the magnitude of s varies significantly from one day to another. The
average screening height is about 4.5 km. The variability in s casts a
serious doubt on the twilight gradient method for the study of the height
distribution of aerosols, as the uncertainty in s leads to an uncertainty
in the altitude of the peak aerosol concentration in the stratosphere.

A further point of interest revealed in the comparison shown in
Figure 7.5 is the smoothness of the twilight profiles compared with the
aerosol distribution determined by the laser radar. In particular, the peak
in scattering ratio at 15 km in the laser profile measured on August 21 is
not reproduced in the twilight gradient. This suggests that the vertical

resolution of the twilight method is several kilometers, as noted by
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Megrelishvili (1958) and Rozenberg (1966). This is in disagreement

with the results of Bigg (1956, 196L4), who related sharp discontinuities

in the twilight gradient to temperature inversions, thus implying that the
fluctuations represent real aerosol layers. It is of interest to note that
in the present work no such discontinuities have been recorded, although

on some occgsions fluctuations of a random nature were observed.

The relative variation in the pesk magnitudes of both the laser
ratios and d(1n I)/dh in Figure 7.5 is of particular interest. On August
19 and 21, the peak values determined by both methods remain steady,
while on August 25, both profiles show a sharp increase. The overall
shapes of the two sets of profiles are also in good agreement.

In general, however, there is not a very good agreement between
laser and twilight gradient results, as Figure 7.6 shows. The significant
increase in aerosol concentration measured with the laser radar on July 2
was not reproduced in the twilight gradient. Furthermore, the marked
seasonal trend evident in the laser results for 1969 is not shown in the
twilight gradients measured over the same period. The twilight gradients
measured over the previous years also show no evidence of a seasonal trend.
This is contrary to the variations to be expected from the stratospheric
circulation mechanism expounded in Chapter 5, and to the seasonal trend
observed by Rosen (1969(a)) in the northern hemisphere.

Unlike the laser radar, which samples one particular height at a
given time, the twilight method integrates the scattered solar radiation

from the shadow boundary to the upper levels of the atmosphere. Furthermors,
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the red solar radiation of significance to the present work is affected
as 1t grazes the tropospheric layers in its path to the scattering volume.
It is thus clear that a large region of the atmosphere plays a significant
role in determining the radiance, and hence gradient, of the twilight sky
at a given solar depression. It follows that factors other than the
stratospheric aerosol layer could modify the peak in the twilight gradient.
It is therefore concluded that the feature of the peak observed in the
twilight gradient is principally caused by the stratospheric aerosol
layer, but the relative magnitude of the peak is also affected by other
factors, not immediately obvious in the present experimental results.

In order to examine this problem further, a theoretical twilight
model was developed, and is discussed in the following section.

7.4 Theoretical Twilight Model

The geometry of the theoretical twilight model is shown schemati-
cally in Figure T7.7. The silrosphere is assumed sphericelly stratified, and
is divided into 101 layers of equal thickness above the terminator, extend-
ing from ground level (layer 1) to 100 km (lsyer 101). Most of the compu-
tations never extend to the 100 km layer as the integrastions converge at
lower heights. The formula for the observed intensity of the twilight sky
adopted in the model is similar to that proposed by Dave and Mateer (1968).
Assuming primary scattering only, the ratio of the observed intensity I of
the twilight sky to the incident irradiance EO is given by

= J [sAPA(w) + BRPR(w)] T TyT3sec & dh (7.15)

=
E
o} o
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FIGURE 7.7 Geometry of the twilight scattering model.
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where BA and PA(w) are,respectively, the aerosol scattering coefficient

at height h and the aerosol phase function at the scattering angle 3.

The variables BR and PR(w) are the corresponding quantities for the molecu-
lar component. The term Ty is the atmospheric transmission from the outer
regions of the atmosphere to the perigee point, defined by the path SN in
Figure 7.7. T, is the transmission over the path NQ, and T3 is the trans-
mission along QP. The angle ¢ is shown in Figure 7.7, and the term sec £
accounts for the variation in optical thickness of the scattering volume
at @ due to the angle of approach of the solar ray. The integration in
equation 7.15 is performed numerically by adding the contributions from

k solar rays having perigee Theights commencing at zero and increasing by
1 km steps.

The refraction of each ray along the path SQ having perigee
height Yy is calculated by the ray tracing method outlined in the previous
section. During the ray tracing calculation, the transmission terms T
and T, are cealculated by the following method. Starting at point N, at
height Vi ? the ray is traced until it reaches height Yy + 1 km, the length
of the path NR being lk,i (i = 1 in this case). The optical thickness over

lk,i is

Tk,i=lk,i ej ; J=k+i-1 (7.16)

where Bj is the attenuation coefficient of the jth layer. This procedure
is continued, and in the case of Ty, the calculation is terminated st the
scattering point Q after i; steps. In the case of Ty, the rey tracing is

continued further until no significeant contribution to the opticel thick-
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ness is added (i; steps). The transmission of the kth ray is in

general

(7.17)

The transmission term T3 i1s calculated by assuming a linear sightline
and a horizontally stratified atmosphere.

The phase function for the molecular atmosphere is given by

(1 + cos?y) (7.18)

+=iw

P(¥) =

and the aerosol phase function P,(y) of Volz and Goody (1962) is adopted,

A

values of which are reproduced in Table T.1.

TABLE 7.1

v | 16° [20° |25° |30° |60° |90°

P.|s5.70|4.50{3.78(2.53]|0.6L{0.18
P_| 1.44]1.42(1.37|1.31]0.94{0.75

The divergence effect of the refracted solar rays, which modifies
the brightness of the twilight sky, is automatically generated in the model.
The perigee height intervals were limited to 1 km in order to keep the com-
putational time within reasonsgble limits. The molecular scattering coefficient
were based on densities according to the U.S. Standard Atmosphere (1962), and

the ozone profile of Elterman (1968) was included in the model. The purpose
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of the following calculations is to demonstrate the effect of various aercsol
optical mixing ratio profiles on the twilight gradient, calculated assuming
primary scattering. The aerosol data employed in the model are the results
of observations made in the vicinity of Adelaide,and hence are as near as
pessible to the actual distributions occurring in the twilight measurements.
All computations are for a wavelength of T00O 2.

The profile of the first aerosol optical mixing ratio investigated
is shown as curve 1 in Figure 7.8. The optical mixing ratio profiles
represented by curves 2, 3 and L4 in Figure 7.8 will be referred to later in
this chapter. The ground level value was derived from nephelometer measure-
ments of Crosby and Koerber (1963), and the average results of the present
laser measurements were used between 3 and 30 km. The data were interpolated
between O and 3 km. Above 30 km, the optical mixing ratios were adjusted
to match the profile proposed by Dave and Mateer (1968), with a constant
ratio sbove 45 km of 0.032. The results of the model twilight calculations
are shown in Figure 7.9 (curve 2), together with the twilight profile observe
on 17 February 1969 for comparison (curve 1). The height scale on the abs-
cissa is the altitude of the ray at the scattering point Q with zero screenin
height. The theoretical and experimental profiles are in good agreement
considering the averaged aerosol model used, and the simple primary scatter-
ing theory.

Curve 3 in Figure 7.9 is the theoretical gradient for a pure molecu
lar troposphere, but for the same stratospheric serosol distribution discussed
above. The height of the peak is significantly increased, and in fact is

centred at the height of the peak serosol optical mixing ratio. This suggest
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that the aerosols in the lower layers of the troposphere are primarily
effective in attenuating the grazing solar rays, necessitating the use
of a screening height in the data reduction. It is of interest to note
that the difference in the heights of the peak gradients of curves 1 and 3
is approximately 6 km, and in good agreement with the value of screening
height determined by comparing the laser and twilight profiles. Curve L
is the twilight gradient for an atmosphere with tropospheric, but no
stratospheric aerosols. As to be expected, the gradient in the tropo-
spheric region is increased, due to the reduced intensity contribution
from the stratosphere. The gradient in the stratospheric region (curve
L) approaches that of a pure molecular atmosphere, shown as curve 5. It
is of interest to note that curve 5 still shows a significant increase in
the region of the troposphere, and is much greater than the value of l/H
predicted by equation 7.1 of Bigg (1956). This characteristic is princi-
pally a result of the variation in T, as the sun sets below the horizon.
For small soler depression angles, the optical thickness of the path NQ
(see Figure T7.7) rapidly changes. This effect is clearly demonstrated in
curve 6 (Figure 7.9), which is the result of calculations for a molecular
atmosphere for which T, was held constant for all solar depressions.
Figure 7.10 shows the variation of observed intensity of each
solar ray as a function of the height of the scattering point Q (see
Figure 7.7). The curves are for a pure molecular atmosphere, and for the
model aerosol distribution discussed above. Two solar depressions are
considered. Each dot on the curve represents the intensity of a given

solar ray, and hence the sky brightness for a particular solar depression



15 —
o (=]
0 =
—4 o ~ 12 —
1] i}
Y- w
— -
o w
= 'e
: >
A4
-3 molecular g =
> >
L 4 et
= v
i c
Y} a)
= c
= L=

e I
0 10 20 30 40

perigee  height (km)

| z
50 60 70

FIGURE 7.10 Calculated intensities of individual solar rays having various
perigee heights, for two values of the solar depression.



126.

is given by the area under each curve. The effect of attenuation of the
rays by aerosols in the first 5 km of the lower troposphere is clearly
evident in the curves for both solar depressions. It is of interest to
note the relative magnitudes of the intensities for the different values

of solar depression angle. At small solar depressions, the overall

effect of aerosols in the troposphere and stratosphere is to increase the
total sky brightness. The increase in attenuation due to aerosols in the
lower troposphere 1s more than offset by the increase in scattering at the
higher altitudes. However for solar depressions near TO, most of the
aerosols are in the earth's shadow, and no longer contribute to the sky
brightness. The increase in attenuation by aerosols in the lower tropo-
sphere still takes place, however, and hence the brightness of the atmos-
phere with aerosols is less than that of a molecular atmosphere. The
double peak in the curve for the atmosphere with aerosols and & = TO is due
to attenuation of the solar rays grazing the stratospheric aerosol layer.
The maximum attenuation occurs in rays 17 and 18, which have perigee heights
near the altitude of the maximum stratospheric aerosol turbidity.

Figure T7.11 shows a comparison of experimental and theoretical
twilight gradients with respect to solar depression. The experimental
gradient measured on 27 December, 1969, is shown as the continuous curve.
The circles denote the theoretical calculations for which the aerosol profil
(Figure 7.8, curve 2) was derived from laser measurements taken at the same
time as the twilight observations. There is a discrepancy between theo-
retical and experimental twilight profiles at either side of the peak value

of the gradient. For small solar depressions, the discrepancy is indicative
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of an excess concentration of aerosols in the troposphere. It is

of iﬂterest to note that the laser measurements on 27 December, 1969,
indicated an unusually large concentration of tropospheric aerosols.

As the spatial distribution of aerosols is affected by meteorological
events, it is likely that the aerosol measurements using the laser

radar are not representative of the mean aeroscl distribution over the
wide ares sampled by the twilight experiment. This argument is also
applicable to the stratospheric aerosol distribution, as results in
Chapter 5 show a dependence of the stratospheric aerosol profile on the
upper level synoptic pattern. For these reasons, the merosol profile
derived from the single laser radar measurement on 27 December, 1969,

was replaced by the average for the month, and is shown in Figure 7.8
(curve 3). The theoretical twilight gradient for this aerosol model

is represented by the crosses in Figure T7.11l. The agreement between theo-
retical and experimentsl twilight gradients 1s good for soler depres-

sion angles less than 50, but & discrepancy still exists for gresater solar
cepression angles.

As the theoretical twilight gradient is greeter than the experi-
mental for large soler depression angles, & third model gerosol distri-
bution was included, which differs from the previous profile by the
addition of aerosols in the upper stratosphere (Figure 7.8, curve L).

The mixing ratio of these serosols is constant with height above 40 km, in
agreement with the results of Volz and Goody (1962). However, the value
of the mixing ratio of these additional aerosols is less than the errors

of measurement of the laser radar technique, and hence cannot be detected
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by the present laser method. The results of the twilight model calcu-
lations for this aercsol vrofile are shown as dots in Figure T7.11. The
discrepancy at 5.50 solar depression has been eliminated, but a signifi-
cant difference between theory and experiment still remains for greater
solar depression angles.

The difference between the last two theoretical gradients
discussed above suggests that an unusually large aerosol concentration
would need to be postulated in the upper stratosphere to account for
the discrepancy between theory and experiment. It is therefore
suggested that multiple scattering effects cause the experimental twi-
light gradient to be less that the theoretical for solar depression angles
greater than 5.50. This is broadly in agreement with the results of
Morozov (1966) who suggests that multiple scattering exceeds primary
scattering at solar depression angles greater than 70.

The twilight model proposed here has therefore demonstrated
that reasonable concentrations of aerosols, undetected by the present
laser radar technique,could significantly effect the peek value of the
twilight gradient. Multiple scattering effects could also affect the
peek gradient, and appear to play a significant role in determining the
brightness of the twilight sky for solar depression angles greater than

e}

5.5
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CHAPTER EIGHT

CONCLUDING REMARKS

A study has been made of the characteristics of aerosols in the
troposphere and stratosphere by means of their optical properties.
The investigation was carried out using three principal avenues of
research; theoretical calculations (Chapter 3), experimental work
tsing a laser radar (Chapters 5 and 6), and experimental observations
using the twilight technique (Chapter T).

8.1 Stratospheric Observations

The results of over a year's observations of aerosols in the
stratosphere at latitude 3508 have been presented. To the author's
knowledge , these measurements are the first laser radar soundings con-
ducted in the southern hemisphere, and the observations indicate a
similarity in the general characteristics of the stratospheric aerosol
layer in both hemispheres. The peak aerosol number density in the
stratosphere occurs at a height of 18 km, and the layer is some 15 km
in depth.

The minimum aerosol scattering at approximately 10 km altitude
is in agreement with the measurements of Kondratiev et al (1967), and
with the concept that the origin of stratospheric aerosols is entirely
different from that of the tropospheric aerosols. This would suggest

that the results of Elterman et al (1969), which show no change near the
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“ropopause, are affected by enhanced scattering due to the Bali eruption
March, 1963), some 12 to 24 months prior to the observations. The
measurements of Rosen (1969(a)) indicate that the effects of the Bali
eruption persisted until at least 1966.

The most significant result of the present stratospheric work
is the observation of an annual variation in peak scattering, with a
maximum occurring in mid-winter, and a minimum in late summer. This is
in egreement with the seasonal dependence of ozone concentration
observed at & similar latitude (Pittock, 1968), and supports the concept
of a large scale transport mechanism which takes place in the lower
stratosphere. Tracers such as ozone, aercsols and radiocactive debris
appear Lo be transported polewards from an equatorial reservoir.

Although observations with the laser radar are limited to
clear sky conditions and hence are somewhat biassed, the fluctuations
cbserved in stratospheric aerosol scattering over time periods of days
are consistent with the concept of an eddy transport mechanism. The
variability is unlikely to be a result of a mean meridionsl motion, unless
one postulates similar variability in the aerosol content at the source
“atitude (Pittock, 1968). 1In addition, the fluctuations appear to be
related to features on the upper level syncptic pattern; high scattering
ratios are observed when an upper level trough is in the vicinity, and
_ow scattering ratios are detected whenever an upper level ridge is nearby.
This substantiates the concept of an eddy transport mechanism, as the
troughs and ridges essentially represent eddies of the general circulation

flow pattern. The short time scale fluctuations observed in aerosol
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scattering do not appear to be correlated with the geopotential height,
suggesting that advection is the primary mechanism for day to day varia-
tions.

The annual change in variability of scattering by stratospheric
aerosols, with a maximum occurring in mid-winter, is very similar to the
seasonal dependence of variability observed in stratospheric ozone con-
centration. Evidently, the tracers become more uniformly distributed in
the summer months, when the poleward transport mechanism is least effective

At the time of writing, one interesting feature had become
apparent. The observations indicate a considerable difference in aserosol
scattering in the 30 to 60 km altitude region during 1969 and 1970. The
laser radar results for 1969 show no significant deviation from predictions
based on the U.S. Standard Atmosphere (1962), suggesting that the optical
mixing ratio in this altitude region is either insignificant or constant
with height. As the major source of the stratospheric serosol appears to
originate in the lower stratosphere (Rosen (1969(c)), one may conclude that
within the accuracy of the laser experiment, the atmosphere in the 30 to 60
km region during 1969 was predominantly molecular. Calculations show that
the opticael mixing ratio in this region was less than 0.3. However, the
results from February to May 1970, indicate & significant serosol scattering
zontribution in the 30 to L0 km region, suggesting an additionsl source of

serosols from higher altitudes.
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8.2 Tropospheric Observations

At the present time, there are no measurements of the complete
aerosol size distribution in the upper troposphere, although the observa-
tions of Junge et al (1969) at Crater Lake when subsidence of the air mass
ceourred, suggest a Junge size distribution with v ~ 2. Other measurements
conducted in the upper troposphere (see Cheapter 1) have unfortunately been
maie over only part of the aerosol size spectrum. However, a comparison of
the reletive magnitudes of Aitken nuclel and large particle concentrations
indicates a Junge size distribution with v between 2 and 2.5.

Calculations of serosol number densities in the upper troposphere
beased on the present laser rader results and a Junge size distribution with
v = 2.5 gre in good agreement with measured Aitken nuclel concentrations.
This supports the conclusion that due to their overwhelming numbers, the
Aitken nuclei primerily determine the optical properties of a "clear" tropo-
sphere.

It has been shown that the form of the vertical aerosol scattering
profile in the lower troposphere is closely related to the prevailing meteoro-
logical conditions. A well-defined aerosol layer at an altitude of approxi-
masely 1 km is usually detected when the air mass originates directly from
the Southern Ocean. The aerosol layer normelly coincides with a layer of
meist ailr, suggesting that the particles are hygroscopic, and the upper
altitude limit of the aerosol layer is bounded by a temperature inversion.
The scattering characteristics of this aerosol layer quite often fluctuate
throughout the day, and on some occasions rapid fluctuations over periods

of seconds have been observed. Observations of this layer indicate a diurnal
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variation, with a maximum aerosol scattering in the late afternoon due
to the effects of convection.

The same aerosol layer is observed in the clear blue region
of sky between cumulus clouds, which further supports the concept that
they are hygroscopic. Moreover, the magnitude of the aerosol scattering
is observed to increase as cumulus cloud gpproaches the scattering
volume .

The scattering lasyer is absent when the air mass originates
from the north over the continent. The results, in fact, indicate excep-
tionally low aerosol scettering in the 1 to 2 km eltitude region under
these conditions. This is contrary to what one might expect from con-
siderations of convection effects, which are much greater under the
conditions of & wearm northerly alr stream. In addition, experiments
discussed in Chapter 1 have shown that the concentrations of continental
gerosols are approximately one order of megnitude greater than the con-
centrations of maritime particles. It is suggested here that the low
scattering ratios observed when a northerly eir mass is present are a
result of the different size distributians of continental and maritime
aerosols.

On rare occasions in summer, a third class of scattering ratio
profile has been observed. It is identified as a deep, optically dense
serosol layer between 1 and 4 km, which coincides with a very humid air
mass, and whose upper boundary is limited by a temperature inverczion.
The aerosols are believed to be hygroscopic, and could possibly originate

from the tropics.
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Although litile attempt was made to investigate the scattering
from clouds, some limited observations of cirrus cloud showed an apparent
downwards propagation, superimpcsed on which were smaller oscillations.
The results demonstrate the usefulness of the laser radar equipment in
studying some aspects of the formation and development of clouds.

8.3 Discussion

The inherent limitations of the present lidar technique have
been outlined in Chapter 3. Basically, the backscattered signal is
calibrated at a height where the atmospheric scattering properties are
known. As little is known of the scattering properties of aeroscls in
the upper atmosphere, the calibration is made at a height where it is
assumed that the scattering effects of aerosols can be neglected. The
present laser radar experiments show that on the average, the 8 to 10
km altitude region is predominantly molecular, as is alsoc the region
from 4O to 60 km. The results of the present work indicate that in
some recent cases, the 30 to L0 km altitude region, which has been used
by cother workers as a height for normalisation, contaips significant
amounts of eerosols.

Two alternative techniques for separating the molecular and
aercsol scattering contributions have been proposed. Fiocco and De Welf
(1968) report that due to the Doppler effect resulting from the motion
of the scatterers, the frequency spectrum of the scattered light can be

resolved into two components. The velocities asgsociated with random
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Brownian motions of the aerosols are much smaller than the thermal
velocities of the atmospheric gases, and the energy scattered by aerosols
is concentrated in a much narrower frequency band than that scattered

by the molecular atmosphere. Calculations made by Ficcco and De Wolf
indicate that a high resolution spectral analysis using a pressure-
scanned Fabry Perot interferometer and & continuous gas laser could
vield the ratlo of the serosol to molecular component. As a continuous
laser is used, the bistatic experimental configuration, shown in

Figure 1.8(b), is necessary, and the observations would be limited to the
troposphere due to the low output powers available from existing gas
lasers.

Cooney et al (1969) propose the observation of the frequency
shifted Raman scattered radistion and the unshifted scattered radiation
to separate the gaseous and aerosol contributions. By preferentially
rejecting the backscattered return at 6943 3, the return of the Raman
component from Ny due to the vibrational band centred at 8283 & could
be monitored. The backscattered intensity at 8283 2 depends only on the
density of nitrogen molecules, apart from transmission losses, whereas
the return at 6943 R contains both the gaseous and aercsol components. A
simple subtraction permits the identification of that fraction of the
6943 8 return due to aerosol scatter. The altitude range of present system
is limited to about 5 to é km by the magnitude of the Raman return. The
technique could, however, be used to calibrate the normal 1lidar soundings.

The greatest error in the method at present appears to be the uncertainty
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in the Raman scattering cross-section, but accurate measurements of this
guantity will no doubt render the Raman technique feasible.
A further difficulty arises in interpreting the wvalue of the

serosol backscattering coefficient B,(w, h), as it is necessary to know

A
the optical characteristics of the particles. Thus, in order to pre-
clude any ambiguities, the annual varistion in the scattering charac-
teristics of the stratospheric aerosol discussed in Chapter 5 is
presented in terms of the scattering ratio R(h), which is closely
related to the aerosol backscattering coefficient (see equation 3.9).
The winter meximum scattering ratio might be interpreted as an influx
of aerosols, and éonsidering the similarity in the temporal charac-
teristics of aerosols and ozone (discussed in Chapter 5), this inter-
pretation is likely to be correct. However, changes in scattering
ratio could also be caused by changes in the chemical composition and
physical structure of the aerosols due to chemical reactions, or by
changes in the size distribution due to coagulation or condensation
affects. The significance of these alternative possibilities is
demonstrated in the calculations presented in Section 3.5.

The above uncertainties cannot be resolved using the present
laser radar technique alone. It would be of considerable interest to
conduct a laser radar sounding simultaneously with an air-borne optical
particle counter similar to that described by Rosen (1969(a)). A multi-
channel optical particle counter would enable the measurement of the

aerosol size distribution, in addition to the total number density, thus

providing s comparison for the laser redar observations.
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More sophisticated laser radar experiments, at present tech-
nically feasible, would enable an approximate determination of the size
distribution. They include multi-wavelength observations, polarization
measurements, and observations at several scattering angles. Three
useful wavelengths could be generated using a neodymium-in-glass laser
with a provision for frequency doubling, in addition to the existing
ruby laser, giving 0.53, 0.694 and 1.06 u, The wavelength dependence
of the scattered intensity could be compared with theoretical values
based on different aerosol size distribution models, and an optimum
size distribution could thus be determined.

The use of the bistatic configuration of receiver and transmitter
would ensble the measurement of both the depolarization and a portion
of the polar scattering diagram. Although the bistatic method introduces
technical problems, such as the alignment of the beams, the additional
knowledge gained should justify an investigation of the method.

As the scattered intensity and depolarization are both depen-
dent on the total aerosol number density and the aerosol size distribution,
the simultaneous measurements of both intensity and depolarization would
enable the determination of the size distribution as well as the number
density (Neumann et al, 1969). The depolarization for backscattered
linearly polarized light is zero (Eiden, 1966), thus necessitating the
bistatic configuration.

A portion of the poler scattering diagram could be measured
using the bistatic method, and a mobile transmitter or receiver. The

experimental results could be compared with theoretical profiles based
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on various aerosol size distribution measurements.

As the range of scattering angles is limited using the bistatic
arrangement, ground-based measurements of the polar diagram appear less
attractive than polarization and multi-wavelength observations.

The results of Mie scattering calculations presented in Chapter
3 are of general interest to optical studies of the atmosphere. In the
~roposphere where the aerosocl size distribution is described by a Junge
power law, the calculations show that under clear sky conditions, the
Aitken nuclei determine the scattering properties of the atmosphere
because of their overwhelming numbers. This is contrary to the normally
accepted view that atmospheric haze is primarily caused by the '"large"
particles (e.g. Bullrich, 196L4). A change in the lower cut-off radius
of a Junge size distribution due to coagulation effects could significantly
alter the optical characteristics of the ensemble of aerosols. The calcu-
“_ations alsc demonstrate the significance of the value of the slope v of
the Junge size distribution, indicating that the scattering cross-section
of low level maritime aerosols (v n 2) is approximately one order of magni-
tude greater than that of continental aerosols (v ~ 3).

The investigation of the scattering properties of stratospheric
aerosols indicates that of the size distributions reported to date, the
exponential and lognormal functions are most compatible with other indepen-
dent observations. An interesting characteristic of these size distributior
is that the scattering cross-sections are virtually independent of wave-
length, which is in agreement with the recently published results of direct

optical measurements (Kondratiev et al, 1969).
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8.4 Twilight Observations

Due to its simplicity, the twilight gradient technique of Bigg
{1956, 1964) was adopted to investigate enhanced optical effects as a
result of the Mt. Taal eruption, Luzon, in September, 1965. Disturbed
twilight gradients were observed between mid-December, 1965 and
February, 1966, and are consistent with twilight measurements made at
Mt. Stromlo, Australia, during the same period. It is concluded that the
abnormal scattering effects were due to veolcanic debris, which spparently
took about 3 months to reach latitude 3508. These results are broadly
in agreement with those in the northern hemisphere reported by Volz (1970).

The remaining investigation of the twilight phenomenon is
concerned with the question of the possibility of deriving the vertical
aerosol profile from twilight gradient observations. During 1969, both
twilight and laser radar observations were made concurrently whenever
possible, and the two vertical profiles were compared. It was shown that
ths main peak in the twilight gradient resulted principally from the strato-
spheric aeroscl layer. However, due to the varisbility in the attenuation
properties of the lower troposphere, it is not possihle to accurately estimats
tha amount of refraction of the solar rays using the twilight method alone.
Hence it was concluded that the twilight gradient approach alone is not suit-
able for the study of aerosols in the upper atmosphere. These results
quastion the more detailed twilight technique of Volz and Goody (1962), which
assumes a model tropospheric aerosol profile.

Some aspects of the twilight phenomenon were investigated using a
thzoretical model based on primary scattering. The agreement between theory

and experiment is surprisingly good, considering the simplicity of the primar;
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scattering model. These calculations clearly demonstrated the signifi-
cance of tropospheric aeroscls in affecting the twilight gradient. 1In
particular, the variation of the transmission through the lower tropo-
sphere with the angular depression of the sun is an important factor.

A comparison of theoretically calculated and measured twilight
gradients demonstrated the importance of the presence of aerosols above
the stratospheric aerosol layer. These additional aerosols, in concentra-
tions below the accuracy of measurement using the laser radar, could reduce
gignificently the peek wvalue of the measured twilight gradient. The
compariscon also indicated that multiple scattering effects could be of
importance for solar depressions greater than 5.50,

The above investigation has demonstrated the limitetions of the
twilight gradient technique, and indeed the more sophisticated technique
of Volz and Goody (1962), in studying stratospheric aerosols, and is in
agreement with the conclusions of Rozenberg (1966). For this reason,
experimental twilight observations have been discontinued at Adelaide.

8.5 Future Work

Some proposals for future work have already been suggested in the
foregoing sections. Many of these involve considerable modifications and
aldditions to the equipment, and will not be undertaken in the immediate
future.

The stratospheric observations are being continued to monitor
the seasonal variation, and to study the day to day fluctuations assoclated

with the eddy transport mechanism. It is proposed to conduct concurrently
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aercsol and ozone soundings, the latter by means of balloon-borne Brewer
sondes, in order to compare the day to day fluctuations. The pulse rate
of the laser radar 1s being increased by a factor of 5, and will enable
more accurate measurements. Alternatively the original accuracy could
be achieved in a smaller time interval.

Simultaneous observations of aerocsols using a laser radar and
a balloon-borne optical particle counter would be of considerable interest.
As the sercsol size distribution could be measured directly by the counter,
the accuracy of the procedure used to normalise the laser radar results
could be investigated,

The latitudinal variation in aerosol scattering could be
studied using the present mobile apparatus, but is not planned for the
immediate future. It would be of considerable interest to construct two
additional laser radars to form a spaced receiver network in order to
study the spatial and temporal characteristics of the aerosol layer, and
to investigate further the nature of the eddy transport mechanism in the
lower stratosphere, This project is unfortunately beyond the resources
cf one department.

An auxiliary receiver is currently being tested to ensble laser
radar soundings to be made to as low as several tens of metres. The
gperture is approximately 6.5 cm, and the design is simplified due to the
high light intensities measured. This will enable an investigation of
trban atmospheric pollution to be made. The height resolution of the laser
reder will be reduced by opersting the laser near threshold, which effect-

ively reduces the output to a single pulse approximately 50 nsec in width.
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The use of the laser radar in investigating the nature of

clouds has been discussed, and it is proposed to intensify efforts in this
direction. Recently, laser radar measurements of backscattered radiation
from alto-cumulus and cirrus clouds have been made simultaneously with
infra-red cbservations conducted by workers from the Division of Meteoro—
logical Physics in the Commonwealth Scientific and Industrial Research
Organization. The results will enable more accurate estimates to be made
of the heat transfer properties of these clouds, as their height, thickness

and optical characteristics can be determined by the laser radar technique.
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Stratosplieric werosol measurewents by optical radar
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Abstraci—-A lascr radar i3 being used at Adelaide, South Ausvralia (35°S) {or routine studies of
upper atimosphere densities and ierosol cyncentratious to asn altitude of 60 km. The travsimitter
operates at o weavclength of 0-684 50 2nd genevates pulses of 02 energy and 05 pzec pulse
Tength at a rate of 20 per min. The receiver is a 12 in. Newtonian teleseope equipped with an
interference filter of bandwidth 8 A, The light is detected by a cooled photomualtiplier, and the
recording is carricd ont by integrating photon counts from selected height intervals.

Resulis for the period February—June, 1868 show that, over the height range 10-60 ks, the
scattering can be considerved as moleeular with the exeeption of the region 13-24 kiu where en-
hanced scattering is attributed to aerosols. The maximum aerosol number deusily, a veragod
over the five menths, is estimated as 7-9 x 10%1a7% and oceurs at a height of 185 Lkm.

1. INTRODUCTION

SEVERAL research groups (e.g. KENT cf «l., 1966; Baix and Saxproruv, 1966} are
using the laser radar technique for routine studics of upper atmosphere densities
and aerosol concentrations. Although generally limited to night-time laser meiiiod
Lias the advantage, as comvared with in situ sampling techniques, that data e
continuously available, subject only to weather conditions. The altitude limit of
existing systems ranges between 40 and 90 km. All observations reported Lo date
have been cairied out froni locations nerth of the equator (Goyer, 1963), aad thus
there has been a lack of complenuentary data from the southern hemispherve.

In this paper a ilaser radar ncw in operation at Adelaide, South Australia
(lat. 35°S) is described, and some preliminary results are presented. The equipment
is capable of producing scattering profiles to an altitude of about 60 kw with a
height resolution of approximately 1 km.

The theory involved in this type of experiment has heen adequately described in
a number of papers (KENT el «l., 1966; Parapr and ZDUNKOWSKI, 1964), and will
not be repeated here.

"' 2. EQUIPMENT
(a) Transinitier

The basic element is a 6 > % in. ruby rod having a Brewster face al one end,
and a totally-internally reflecting wedge cut at the other. The optical cavity is
completed by a sapphire flat having 16 per cent reflectivity., ‘@ switching and a
90° chairge in diroction are achieved by a prism rotating at 12,000 rev/inin within
the optical cavity. The ruby rod is at one focus of an elliptical cavity and is
optically pumped by an ¥ X55 Xenon flash tube at the other focus. Both the ruby
and flash tube are water cooled.

The lasger generator was designed to produce pulses of 1 J energy at a repetition
rate of one pulse per second. Unfortunately, in actual operation it was found that
near 1J output, the @-switch prism had a very limited life and sufferved scvere
pitting after 50-60 shots. In order to obtain a reasonable life it has been found

1
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necessary to operate the lager at well helow its rated energy output. During normal
operation the encroy per pulse is 0-2-0-3 J distributed between 3 spikesin 0-5 psec.
Under these conditions a prism life in excess of 10,000 shots has been obtained.
The firing rate at prosent is approximately 20 shots/min.

A simplified diagram of the transmitting system is shown in Fig. 1(a). The laser
output heam divergence of 10 mrad. is reduced by a factor of twelve in the colli-
mator. A votating shutter positioned at the focus of the first lens of the colitmator
is used to cut off the long duration fluorescent emission from tie ruby foilowing
the main laser pulse. The shutier votates at the same speed a3 the laser @-switch,
and s phased in such a way that it is completely ¢losed less than 30 psee after
emission of the laser pulse. :

A thin wire stretched across the exit aperture of the collimator scatters a small
fraction of the beasm to 2 high speed photo diode. The photodiode output waveform
is displayed on an oscilloscope, allowing a constant visual check to be kept on the
laser pulse shape during operation. The leading edge of the oscilloscope’s tiie-
base gating voltage is used (o trigger the recording system. :

(b} Receiver

A simplified diagram of the optical receiver is shown in Fig. 1(h). The scattered
light is gathered by a 12-in. dia., 6-ft. focal length parabolic mirror, and directed
by a diagonal flat to an aperture which defines the receiver's field of view. The
position of the aperture can be adjusted by means of micrometer screws to allow
. the receiver’s field of view to be aligned with the transmitted beam.

Tmmediately behind the aperature is a rotating shutter, whose function is to
block the rcceiver for a short period following each laser firing. If this were not
done, the intense scattering from the first few kilometers of the atmosphere would
lead to overloading of the photomultiplier, and a consequent increase in the noise
count. Tiisshutter is also synchronised with the lagser @-switch, and phased so that
the receiver aperture is completely uncovered by the time the scattered light bas
returned from the lowest level of the height range being studied. The shutter
rotates at 24,000 rcv/min, and its opening time is approximately 30 psec.

The light passing through the aperture is collimated by a lens of 5-in. focal
length and then passed through an interference filter to the detector. The inter-
ference filter has a bandwidth of 8 A, and is mounted so that it may be tilted with
respect to the beam axis, allowing it to he accurately tuned to the wavelength of
the laser emission.

The detector is an E.M.I. type 9558 B photomultiplier. In order to minimize
thermoelectric emission from the photocathode, a Peltier battery is used to cool
the tube to approximately —15°C. At this temperature, the noise contribution
due to the tube is of the order of 120 counts/sec.

(c) Recording system

A block diagram of the.recording system is shown in Fig. 2. Single photon
pulses from the photomultiplier are amplified by a preamplifier mounted on the
photomultiplier housing, and passed through 50 Q cable to the electronics rack.
Following further amplitication, the pulses pass to a high speed discriminator whose
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threshold is adjusted to eluninabe noise palses due to the maiu power supply and
triggering cireuite, '

The standarized output palses from the diseriminator ave amplijind and further
shaped by the scaler driver, awd passed o a Ju-channel Cu\,.;itn whichh has been
specifically des el mned for the lasg
recording intervals, which i the piesc
The delay hetween the arvivul of a trigger puise and ithe openiug oi the
is adjustable, aud oy be get to 10, 2, 40 or &0 ko

The resolving time of the whole vecording sy stem is 50 neree, and ou
non-linearity are applied for average random puise count rates vver jz. In
practice, the laser is triggered repotitively, and the siginat returs oo & gn eu feight
interval is accumulated m the counter. The signal count i cach chnunel is read
out manually at the end of a recording sequence, which is usuaily 200-3G0 shots.
At altitudes up to approximately 20 kin a neaival density filter is inserted in the
receiver to reduce the count rate to a level which can be accepted by the recording
system.

e systein, The chaonunels form 9 suceessive

2t egud
.

1ent way ve seiowb 1,2 4 or 8 Kin.
first channel

3. RusuLrs
The atmosphere contains, in general, a suspended paumuluto (or aercsol)
component, whose concentration va"'ies withe helzine The photon count C{#)
received from a small height lﬂtt’l\ U AL ab height b s therefore a fuaction of the
Rayleigh backscattoring coeliici | 7 a7 sterad. Yy for the molecular
component, and the backscattering coc (7, &) {or the azrosol cosyonent.
For the case of vertical soundings, it can be : shown that Ch) is given by

-BR(W, k) <- By, i)

2

&
¥
vl

i

Al (1)

gy =

where I is a constant for the particublur laser radar eqipment. or the case of

observations over a range of equal height intervals, A% can be absorbed in the

constant, and

BR(W; h) T BA(”: h)
72

C O =K

The quantity 7»20(/’4) is thus a measure of the total backscattering coefficient, or
geattering index, cf the atmosphere at height 2

In Fig. 3, experimentally devived values oi 12C'(A) ave plotted as a funciion of
height over the range 10-60 km: the graph is the mean of some 35 individual
profiles taken over the period February-June, 1969, Included for comparison in
Tig. 3 is a curve representing values of A2C'(#) calculated for the cuse of pure inolec-
ular scattering. Molecular densitics were obtained from the U.S. Standard
Atmosphere 1962, and the laser results were normaldized to the caleulated curve at a
height of 10 km. This choice of the level of normalizution differs from that of
previous workers whio have usually chesen a height between 3¢ and 40 km w here it
is generally accepted that the scattering by acrosols is negliginls compared to the
Rayleigh scattering by the molecilar atmosphere (Grans and Frocco, 1867 In
the present investigations the statistical error in the cbserved scattering index at
30~-40 km for an individual prolile was considered to be too large for this region to
be suitable for normalization of the laser results. Ilence a much lower height for
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pormakization was souzht and sdvantage was taken of the fact that particie
aupling expe; s (Juen el all, 1961 have revealed a minimal acrosol numbeor

density at Hows that within the accuracy of the
tases o:-qwc;.‘lm(-m the seattering ab this freight 2an be considered as molecular. A
i b of 10 km as the normalization level is

further advintave of the choice ‘,\_i_ the _izc:»
that the lowe i
from local

-3 can he comparcu with curves deduced
orde <.-L=sor\*:;;1c~r!:< carricd cut on the same day . It is of interest to
note that. w3, the experimental v Lluo% ol k2 (h) averaged over
35 11)(11\"' ;_in ‘L.l ¢ diinit of the experimental crvors, bhe vidies
caleulated fom the U f‘. “4{‘;111::1-;;-111‘; Atmosvhere, 1062, thus confirming the absence
of significant nwabers of acrozcls al «wve this level.

The mean expervmental protil
character to those obitaines by workers in lh\ Northern he mlsphuc (CLusiesnn
et al., 1966, Grasis and rocco, 1867, The depavture ol the obscrved points in the
13-24 km regiou from the curve calenb:ted for pure molecular scatteving s inter-
preted as indicating the existance of a broad acrosol layer in this vegion.

Figuve 4 shows the ratla of experimmentally obgerved to calculated scatterinig for
the 16-30 lam height renge for four individual nights, In this region, the ealeulaied

alues were devived frem aiv densitics obtained from the Burcau of Meteorol logy

rtion of inavidua

pove ol

¥

e of P20{0; va. hoshown in Fig. 3, is very similor in

radiogonde vbservatious at 5:»0 nearhy Adelaide Airport on the corvesponding
days, as it has been found thut over Lm height range the radiosonde data ¢fien
depart siguiicantly fvoin the Stand Xtvnonplmre The general character of the

e is stabie fue periods of a day or so, but significant changes arc observed
m(mth period of observation (Februwry-
al approxiately 19 km, inereased ei‘eu(‘ilv
from 1-25 to 1- i adler than corresponding values publisiied by
workers in the "'\‘Ol'i"l(“a“l Homis::)umu;. Observations arce continuing in order to
determine if the incrensing tiend is part of a seasonal variation.

The maximuu heiglit frowm which retuwng can be satisfuctorily measured with
the present equinnient is Wwited both by the statislies of the received count, and
by the background count rate. The buekround count is caused by photormuitipiier
noise, and to o lesser extent M atight sly 'fmi«ion, and hecomes equal to thie signal
count rate at ebout CJ km. At this altitude, the count rate due to backscattered
lager photong is approximeately ¢-15 per om cnmme] width per 100 laser firings. 1t
is thus neeessery to accumulate the count from a large number of laser firings Lo
obtain stzmstlca‘lly mieasdigful results from the 60 km region.

ratio profifs

over periods of about a weel, Over the §

J‘uhe 1668 h, tie
75

4. ESTIMATION OF ALROSOL NUMBER DENSITY

It is possible to cstimate the number density of the nerosol particles if certain
assumptions are inade regarding theiv properties. The particle sampling experi-
ments carried out by Juxua of ul ( G61), Friexp (1966) and Mossor (10653),
mdicate that acrosels in the stratosphere are predominantly ammoniuan sulphate
(or persuiphate) particles many of which arve coated with a volatile substance which
is most likely to be water. Many workers choose the refractive index of amnionium

sulphate (1-50) in calealalions pertaining to the stratospheric sevosol. However, it
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Fig. 4. Graphs of the ratios of observed to predicted seattering in the height range
10-30 ko showing the inerease in the poalk rating during May and Juane, 1969.
1s also reasonsbile to assume the refractive index to be that of water (1-23). Foriu-
nately, the effeat of this differcnee on the final number density answers i relatively
small, and in the present caleniutions a value of 140 is chosen to confornt with the
work of Da~r ana Maveun (1063). 3
If it is aszumed that the pacticles nre spherical, the Mie theory of seattering can
be applied te yield hackseatioring functions 3, (=, ) (m?2 sterad.~") as Duietions of
the particle radias ». Caleulations hased on a spherical shape for the atmospherie
eerosol can he justified by the vesults of Powntr ef al. (1967). Their experiments
showed that optical scattering properties of an envemble of non-spherical, vandomly
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alicned pe
only wi :
Siossor (1905) indic
category.

ceometrically equivalent spherical purticle
rod. The zerosol collection exveriments of
¢ atmospherie particles would {uil into this

TLe aveprnoed 20! backseattering function X (=) 47 1s found by integration of
By, rover the 3 It d.N(r) is the namber of particles having

radil between » and

. 1r: &
¥ () = J X, 1) GN () / f d¥V(r)

where 7| and », are the limits of particle sizes. :

Junge’s pover v model has been used by many authors to deseribe the size
distribution of stretospherie aovosols. However, this model has heen shown by
¥riuxp (1966) to be suspect in the small size vonge. The lognormal size distribation
uzed by Davm and v (1963) hus therefore been utilized i the present
caleulations. This distribution is specitied by

AN (r) [ [ 7 )‘“’ }
SN exp |~ (log =) /2 e2
d(log 7) AERE ( g Tos /

s, and 8

o
NS

where #y 13 the mean is the standurd deviation.

Frow the aversoed results of Frigwvo (1966) and Mossor (1965) we obtuin
7y = 0035, and » = -3¢ (using natarval Jogavithms). The bounilury values 7,
and -, in the integration ave chosan to be 0-04 and 3-0 ¢ 1e5pr>ct1v elv, and, for a

wavelengih of 0-694 g,

2-93 % 107" m? sterad.?

An increase in Lhe nze would have little effect on the value of S (wr)
~ 1\,
due to the ranid decrease of particle number density away from r,. For example, an

> to limits of U-01 and 8-0 # only increases X ()

L

extension of the integra
by approximutaly (03 per cent.

The ratio of observed to caleulated scattering R, may be cxpressed by

and its mean value «b the heiglt covresponding to the peak aevosol contribution in
the stratosphers (18-5 ki) is 1-4. Cin e u,f(.,) is known, and

5 ap . g T
B () = N4 Zy(7)
N 4, the aerosol number density, may be calculated. The value obtained is
Ny =179 x 10°m=2,

Bireet samwnling nq\e"’imentﬂ corvicd out by Crnaayox and Ju~vee (1961)
viclded o maximam particle density newr 20 ki aititude of 10% =2 for particles
iw_aving radii betsesy , 6-1 and i- G p. Hosiy (1984) hag found o wmaximum con-
centration of 5 x 10%m % for particles having radii greater than ¢-27 u. The
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-

estimate ohtained fram the leser vadar results presented herve thus lies hetween

: wmption of a lognormal size distribution for
, the :d'o e mlf‘ dation huas heen
| 2 value tor

these Hmits,

CoxCLUSIONS
ude of 83 kon. Comparison of these profics with curves
seattering shows the well-knowu st ’*:\t :spnemc
conecentration at 185 km. '-Essuzr.'nrf a lognormal
Beros :ol, the il’la}:;lllu‘ﬂ nvn ber

T‘- laser ‘;ai o equinreent described in this paper is cabable of p!‘oddcmo

calenlated “or
"'ermol '_9"31' ;

'? 18

J“t"‘l' 31’1141("; (IQG )

5
T e 0 t; ors L ! fie30 are the tirst lager soundings of the atmosphere in
the Southern hemisy Wha ceneral form of the stratospheric, aerosol laver
s very similer to that deduced from laser observations in the Horthern

appe:
hemispheve. However, the mazimum concentration appears to be less in the
Southern hemisphierc.
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